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Chapter 1

Introduction

The composition and evolution of Earth’s early atmosphere has been a subject
of great scientific interest. Research work on this project has focused on both the
role of atmospheric evolution in climate and on the controls on its chemistry and
oxidation state. Sagan and Mullen (1972) proposed the ”faint young Sun” hypoth-
esis, which describes contradictory evidence that there was liquid water on Earth
at the same time that our star was only 70% as luminous as today. Other research,
including two opposing models describing the Archean atmosphere have dominated
scientific debate over the past 40 years: the first, that the atmosphere became pro-
gressively oxidizing around 2.4-2.0 Ga (Cloud, 1972; Holland, 1984; Kasting, 1987)
in the so-called Great Oxidation Event (GOE) just after the Archean-Proterozoic
boundary, and the second, that there was an oxidizing atmosphere as far back as
3.5 Ga (Dimroth and Kimberley, 1976; Ohmoto, 1996) near the beginning of the
Archean Eon. These entrenched views were tested by the novel discovery of pro-
found mass-independent fractionation (MIF) of sulfur isotopes in rocks older than
~2.5 Ga by Farquhar and colleagues (Farquhar et al., 2000), which was interpreted
as resulting from photochemical reactions of volcanic SO, in an anoxic atmosphere.
Based on these observations, the greater majority of the scientific community now

speaks confidently about a critical rise of oxygen across the Archean-Proterozoic



boundary.

Current studies of MIF genesis and preservation generally focus on either: 1.
explanations for the anomalous signals (Farquhar et al., 2007, 2013; Lasaga et al.,
2008; Oduro et al., 2011; Ohmoto et al., 2006; Ueno et al., 2009; Watanabe et al.,
2009); 2. the asymmetry of the preserved isotopic record (Halevy et al., 2010); or
3. the facies-dependence of MIF within and between basins (Ono et al., 2009b).

This study of Neoarchean sedimentary rocks from the Sao Francisco Craton,
Brazil was originally designed to test whether MIF events recorded in broadly equiv-
alent Western Australia and South African basins were global in extent and could
be used for correlation purposes. However, in the course of my investigation, I found
strong evidence for important differences between facies that provide constraints on
Neoarchean bacterial sulfate reduction and may provide a way to close the isotopic

balance of the Archean sulfur cycle.

1.1 Characteristics of the Archean-Paleoproterozoic transition

The Archean-Proterozoic transition is arguably one of the most important in-
tervals of planetary history in terms of Earth system changes. By the start of the
Palacoproterozoic Era, the process of cratonization, the growth and stabilization
of the continental crust (McLennan and Taylor, 1982), is thought to have peaked
and begun to slow (Condie and ONeill, 2010). At the same time, it has been pro-
posed that plate tectonics was initiated (Nelson, 1998) causing the break up the

supercontinents, widespread rifting events, mafic dyke swarms, and the formation



of large igneous provinces (LIPs). All these lines of evidences reflect tremendous
changes in the Earth’s interior, which may have influenced surface environments by
the emission of large volumes of volcanic gases (COs, HyS, SO,) that could have
driven atmospheric evolution. One of the sedimentary features of this period was
the widespread deposition of banded iron formations (BIFs), platform carbonates,
and black shales.

It is thought that in the Neoarchean Era two supercontinents existed: northern
Kenorland (Williams et al., 1991) and southern Vaalbara (Cheney, 1996; de Kock
et al., 2009). On the basis of sequence stratigraphy, Cheney (1996) proposed the
existence of the Vaalbara supercontinent, including the Kaapvaal Province of South
Africa and the Pilbara Province of northern Western Australia. Aspler and Chiaren-
zelli (1998) later suggested that Vaalbara may also include the Sdo Francisco Craton
in Brazil.

Barley and colleagues (Barley et al., 2005) proposed links between the rise of
atmospheric oxygen and supercontinent formation, active magmatism, volcanic gas
eruption and glaciation about 2.5 billion years ago. Another explanation for the dra-
matic change in oxygen levels was suggested by Kump and colleagues (Kump et al.,
2001) who concluded that the type and oxidation state of volcanic gases changed
through time because of mantle cooling. Alternatively, other studies concluded
that basalts formed since 3.5 Ga and across the Archean-Proterozoic transition did
not change their oxidation state (Canil, 2002) leading to speculation that changes
in degassing pressure during volcanism could have driven the oxygenation of the

Neoarchean atmosphere (Gaillard et al., 2011).
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1.2 Geological and Geochemical Indicators of Temporal Redox Change

To understand past condition on Earth surface, I provide an overview of
main redox indicators and their interpretations for Earth system history across the
Archean-Proterozoic transition. This discussion will provide context for my time-
series petrological and geochemical study of the Neoarchean Batatal Formation in

Brazil.

1.2.1 Detrital Minerals

Because the surface environment is in direct contact with the atmosphere,
rocks and sediments formed there may reflect its redox condition. For example, the
minerals uraninite, pyrite and siderite are sensitive to redox state insofar as they
are stable only under reducing conditions.

The first mineralogical evidence used to claim a reducing Archean atmosphere
was the discovery of detrital uraninite and pyrite in the Witwatersrand basin of
South Africa (Ramdohr, 1958). Holland (1984) calculated that pOs must have been
less than 1072 of the present atmospheric level (PAL) for preservation of detrital
uraninite. Detrital siderite, pyrite and other heavy minerals have also been found
in the Pilbara Craton, Australia in sedimentary rocks older than 2.75 Ma (Ras-
mussen and Buick, 1999). The round shape of detrital mineral grains demonstrates
long-term transport of minerals in streams; the preservation of these textures and
absence of oxidation reactions led researchers to conclude that the atmosphere was

oxygen-free at the time of deposition (see Holland (1984)). However, preservation of



rounded mineral grains may also be related to high sedimentation rates even under

an oxidizing atmosphere.

1.2.2 Massive Sulfates and Red Beds

Red beds are clastic sediments with a matrix partially composed of oxidized
iron-bearing minerals (predominantly hematite), which give these rocks a reddish
color (Cloud, 1968). Notably, these types of rocks are observed in successions
younger that ca. 2.3 Ga in South Africa (Eriksson and Cheney, 1992), North Amer-
ica (Bekker et al., 2006), and Fennoscandia (Melezhik et al., 1999), but not in similar
sedimentary facies in older parts of these successions. Red bed deposition, then, may
be a good indicator of an oxidizing atmosphere. It is believed that before the time
of red bed deposition, iron was predominantly in form of soluble ferrous iron (Fe?*),
and it was thus mobile in solutions. However, when widespread surface oxygenation
occurred, mobile ferrous iron oxidized to immobile ferric iron (Fe*") resulting in
the cementation of sandstone accumulations with hematite forming red beds.

Massive sulfates are believed to be another indicator for oxidizing conditions.
Massive sulfate deposits are only recognized in rocks younger than 2.1 Ga (Melezhik
et al., 2005). The formation of massive sulfates typically occur at high level of
SO?™ in evaporated seawater. Because dissolved seawater sulfate results primar-
ily from the oxidative weathering of sulfides, massive sulfates would be rare when
atmospheric oxygen levels were low. It is postulated that after oxygen rose in the

atmosphere stimulating widespread oxidative weathering, the budget of sulfate in



seawater changed dramatically allowing for the deposition of massive sulfates.

1.2.3 Paleosols

Paleosols are ancient soil weathering profiles, which form in direct contact with
the atmosphere and hence mirror atmospheric oxygen level at the time of formation.
The limitations for using paleosols include their correct identification (for example,
some hydrothermal alteration zones may appear similar to paleosols), the presence
of homogeneous parent rocks, and their degree of preservation (Rye et al., 1998).
Interpretation of atmospheric conditions based on the study of paleosols and parent
rocks are largely based on the mobility of elements. Elements such as Al, Ti and
Zr are usually immobile under weathering conditions, while Ca, Mg, Na, K and
Mn are generally mobile (Nesbitt and Young, 1982). Hence the ratio of immobile
to immobile elements can help to determine paleosols. Iron as a redox sensitive
element is considered as an indicator of the oxidation state of the atmosphere. As
mentioned above, under reducing conditions Fe?* is mobile and tend to be removed
from paleosols during their formation; alternatively, Fe3* is retained in paleosols
formed under an oxidizing atmosphere (Holland, 1984). Mobilized iron may then
be precipitated in clays (e.g., smectite) or carbonates (siderite) in ancient soils.
However, the preservation of iron carbonate also depends on the partial pressure of
CO,. At pC Oy < 10717 siderite would be preserved (Rye et al., 1995), but in higher
concentrations of this atmospheric gas, siderite would be unstable and likely to be

removed by dissolution, as interpreted from a pre-2.2 Ga paleosol from Western



Australia (Rye et al., 1995).

1.2.4 Banded Iron Formation

Banded-Iron Formation (BIF) consists of layers of silica, iron oxides, iron
carbonates, iron silicates, and rare bands of iron sulfides. BIFs are divided into
two groups. The Algoma-type IFs are related to volcanogenic processes, and the
Superior-type IFs have a sedimentary origin and are thought to form on continental
margins (James, 1954; Melnik, 1982). The peak of Superior-type BIF deposition
occured between 2.5 and 2.2 Ga, corresponding roughly to the time of the rise of
atmospheric oxygen (Beukes and Gutzmer, 2008). The widespread deposition of
iron formation suggests significant accumulation of ferrous iron in ocean water as
well as precipitation of ferric iron resulting from oxidation reactions. The ultimate
source of iron and silica for BIFs is thought to have been subaerial weathering and
hydrothermal emissions from mid-ocean ridges (Derry and Jacobsen, 1990).

This study focuses on black shales from Minas Supergroup, Brazil that were
deposited approximately 2.5 Ga and that are overlain by Caué Banded-Iron For-
mation, a Superior type BIF. The Cauée IF is thought to be correlated with the
similarly aged Kuruman IF in South Africa and Brockman IF in Western Australia

(see Fig. 2.5).



1.2.5 Trace Elements

Redox sensitive elements such as V, Mo, U, Re, and Mn are variably soluble
or insoluble under oxic or anoxic conditions and are very sensitive to the availabil-
ity of Oy in the water column. The relative abundance of these redox-sensitive
trace elements have been used to estimate water column oxygen levels (Morford and
Emerson, 1999).

Molybdenum is soluble as the oxidized molybdate (MoO7~) ion and is ab-
sorbed by seafloor Mn and Fe oxides resulting in both sediment Mo enrichment and
Mo isotope fractionation (Barling and Anbar, 2004; Barling et al., 2001). Molyb-
date can be converted to oxythiomolybdates (MoO(4_,)S2") in a reaction with H.S~
and co-precipitate with iron sulfides in anoxic (sulfidic) conditions (Vorlicek et al.,
2004). This behavior of molybdenum, molybdate, and thiomolybdate provides the
basis for the suggestion that Mo enrichment in 2.5 Ga black shales from Australia
provide evidence for a ”"whiff” of atmospheric oxygen tens to hundreds of million
of years before the Great Oxidation Event. The whiff is speculated to have re-
sulted in the weathering of exposed sulfide minerals, which subsequently mobilized
molybdenum as molybdate to be transported into the oceans where the shales were
deposited (Anbar et al., 2007). The horizon S1 in the Mt. McRae Shale Formation
preserves elevated Re and Mo concentrations that have been interpreted to indicate
slightly oxidizing surface conditions, which were high enough to mobilize Re and Mo
as oxyanions, ultimately leading them to their transfer to the sedimentary record.

In contrast to molybdenum and rhenium, uranium does not show any change in



concentration across the same stratigraphic interval. This has been interpreted to
reflect the fact that uranium is principally a constituent of silicates (feldspar, titan-
ite, zircon, etc.) and phosphate minerals (e.g. apatite) but not sulfides. Anbar et al.
(2007) concluded that the oxygen level at the time the Mt. McRae Shale Formation
was deposited was insufficient to weather U-containing minerals to make uranium
mobile, but was high enough to oxidized sulfides and to form oxyanions of Mo and
Re. Anbar et al. (2007) used experimental evidence to argue that the rate of pyrite
oxidation at this time exceeded that of feldspar minerals when pO, < 107¢ PAL,
supporting the whiff of oxygen interpretation. Simply stated, small temporal oxy-
gen rise occurred even before the Great Oxidation Event. The source of this oxygen
may reflect the appearence of cyanobacteria, which is thought to have occured at

approximately 2.7 Ga (Brocks et al., 1999).

1.3 The Great Oxidation Event

The single greatest transformation in the oxidation state of Earth’s atmo-
sphere has come to be known as the Great Oxidation Event (GOE). Holland (1984)
conceived of this name and assigned this event to a time between approximately 2.0
and 2.3 Ga. The reason for a such tremendous change in Earth’s atmospheric oxida-
tion state is debated, but it appears most likely that it was linked to the evolution
of oxygenic photosynthesis (Kopp et al., 2005) by the establishment of widespread
cyanobacterial activity or photosynthetic eukaryotes (Guo et al., 2009). Brocks et al.

(1999) found evidence for photosynthesis ~2.7 Ga in the Pilbara Craton, Australia



(recently, this biomarker evidence was questioned by Rasmussen et al. (2008)). If
correct, cyanobacteria already existed about 500 Ma before the GOE. If photosyn-
thesis originated several hundred million years before the rise of oxygen, then a
reason for the delay in surface oxidation is needed. It has been suggested that the
phase of lag between the GOE and the first photosynthetically produced bacteria

reflects buffering of the atmosphere and oceans by oxidation reactions.

1.4 Perturbations in the Carbon Cycle: Lomagundi Anomaly

The observation of anomalously positive §13C values in 2.0 - 2.2 Ga Lomagundi
carbonates by Schidlowski et al. (1976) and of similar anomalies preserved elsewhere
(Bekker et al., 2001; Guo et al., 2009; Karhu and Holland, 1996) has been linked to
the early Paleoproterozoic rise of oxygen.

Carbon is an essential element for organic molecules, that occurs in seawater
as bicarbonate, carbonate, and carbonic acid, in rocks as carbonate minerals and
graphite, and in the atmosphere as carbon dioxide (CO;), methane (CHy), and
various other carbon-bearing gases.

Carbon has two stable isotopes: 2C and '3C with natural abundances of
98.89% and 1.11%, respectively (Coplen et al., 2002), and variations in the carbon
isotopic compositions are reported using the delta notation (§), a ratio of isotopes

in sample to the same ration in standard material. For carbon isotopes standard is
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Figure 1.1: Open system behavior of carbon-bearing phases in seawater showing
evolution of isotopic compositioms as a function of the fraction of carbon buried
as organic matter. After (Des Marais, 2001)

the Pee Dee Belemnite (PDB) from the Pee Dee Formation in South Carolina:

13
——sample
§8C = | 2l ——— — 1| x 1000 (1.1)

——standard

12

Throughout much of the Earth history sedimentary carbonate rocks, such as
dolomite and calcite, usually have §'3C' values close to zero (Coplen et al., 2002),
reflecting the isotopic composition of dissolved inorganic carbon (DIC: carbonate,
bicarbonate, and carbonic acid) in the seawater from which they precipitated.

The isotopic composition of seawater and thus carbonates depend on burial
rate of organic matter (OM) (Des Marais, 2001) (see Fig. 1.1). Living organisms
tend to preferentially accumulate lighter isotope 2C' for building organic molecules,
resulting in significantly negative §*C' values. The burial rate of OM determines
how much 2C is removed from the dissolved inorganic carbon pool in seawater.

Higher fluxes of organic carbon burial result in more positive §3C' values for DIC in

11



seawater and in turn for carbonates that precipitate from seawater. Karhu and Hol-
land (1996) concluded that the global record of positive 6'*C' in 2.0-2.2 Ga marine
carbonates provides evidences for high burial rates of photosynthetically produced
organic matter during this biogeochemical anomaly. If correct, photosynthesis im-
plies production of significant quantities of oxygen, which provides a link to the
GOE:

COQ+H20 —>0H20+02 (12)

The isotopic composition of organic matter can be shifted by different pro-
cesses and depends on many factors. The main factors for modern photosynthetic
phytoplankton are believed to include: 1. cell geometry (Popp et al., 1998); 2. avail-
ability of nutrients; and 3. C'O, concentration.

The most pronounced effect is thought to be the concentration of carbon diox-
ide in the atmosphere and therefore in the ocean. Experiments on marine diatoms
demonstrated that the magnitude of carbon isotopic fractionation is inversely related
to C'Oq concentration (Laws et al., 1997). Because concentration of dissolved C'Ox
in the shallow water column depends on the partial pressure of carbon dioxide in the
atmosphere and temperature, latitudinal variations in 6*3C of particulate organic
matter at the ocean surface are observed and are consistent with experimental data
(Goericke and Fry, 1994). At higher latitudes temperature decreases and solubility
of C'Oy increases with the observation of more negative §'3C' of plankton organic
matter (Goericke and Fry, 1994; Rau et al., 1989). Thus, at equator where ocean

surface temperatures are highest, 6'*C values of plankton average around -20%q,
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whereas at high latitudes (> 60°) §'3C' decrease to as low as -35%o.

1.5 Multiple Sulfur Isotopic Systematics

Sulfur plays an important role in elemental and biogeochemical cycles on the
Earth today and may have been even more important in the geologic past. Sulfur
exists in chemical compounds with oxidation states ranging from 46 to -2. In the
Modern ocean sulfur exists primary as sulfate (oxidation state +6), which is the
second most abundant anion with a concentration of 28 mmol/kg; it is conservative
insofar as the SO7~/Cl~ is constant throughout the present-day ocean masses, al-
though this may not have been the case in the ancient past.

Sulfur is a constituent in evaporitic minerals such as gypsum, anhydrite, and
barite, and also in sulfide minerals such as pyrite, pyrrhotite, greigite, mackinawite.
In the atmosphere, sulfur is present as sulfur dioxide, sulfuric acid, elemental sulfur,
hydrogen sulfide, and a variety of organic sulfur compounds.

Sulfur has four stable isotopes with variable natural abundances: 32S = 94.93%,
335=0.76%, 315=4.29%, and 395=0.02% (Coplen et al., 2002). The sulfur isotopic

composition of natural materials are most commonly reported using delta notation

(0):

345

r 3 gsample

538 = g‘lsi — 1| x 1000 (1.3)
@Std

335

wasample

538 = %57 — 1| % 1000 (1.4)

%Std
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365

3 asample
538 = §657 — 1| x 1000 (1.5)

@std
The §31S value of Modern oceanic sulfate is approximately +21%o(Rees et al.,
1978). The sulfate concentration in ocean water is thought to depend in part on
atmospheric oxygen levels because sulfate is a product of sulfide oxidation during
continental weathering. The concentration of sulfate in seawater is also controlled by
sinks associated with the transformation of sulfate into sulfide by bacteria, which

forms pyrite that is buried in sediments, and also the accumulation of evaporite

deposits.

1.5.1 Mass-Dependent Isotope Fractionation Processes

Mass-dependent isotope fractionation processes arise because the primary con-
trol from differences between masses of different isotopes (Young et al., 2002). Equi-
librium isotope effects arise in large part because different vibrational frequencies
of different isotopes in molecules. This has an influence on the way that energy is
partitioned. Kinetic isotope effects are associated with unidirectional processes like
evaporation, dissociation and recombination reactions, as well as biologically me-
diated enzymatic reactions and diffusion. Like equilibrium isotope effects, kinetic
isotope effects include a component related to molecular vibrational frequences, but
kinetic isotope effects also include components related to the frequency that the
transition state transforms into the products and to the proportionality that re-

lates conversion of transition state to products with conversion of transition state

14



back to reactants (referred to as commitment to catalysis). The strong dependence
of vibrational frequencies and decomposition frequencies on mass yields a relation-
ship between reactions involving more than two isotopes of the same element that
is proportional to the isotopic mass difference. These processes are referred to as
mass-dependent.

During mass-dependent fractionation processes involving sulfur isotopes, co-
variation of 6348, §%3S, and 3¢S values have a linear dependence that reflects the
relative differences in isotopic masses: fractionations between 23S and 325, 35 and
325 and 35S and 329 reflect a 1 amu, 2 amu, and 4 amu mass differences, respec-
tively. Because fractionations depend on vibrational frequences rather than direct
mass differences, the relationships between variations 63S, §34S, and §%°S values are
related to their reduced mass (Hulston and Thode, 1965; Matsuhisa et al., 1978;

Young et al., 2002), which are defined as:

11
A=ml_m2 (1.6)
ml  m3

where m1, m2, amd m3 - masses of sulfur isotopes 325, 335 (or 365), and 315

respectively, with

1 1
32QY 33
83\ = m<15) m(ls) ~ 0.515 (1.7)
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Figure 1.2: Plot represented expected arrays of sulfur isotope data that follow

mass-dependent fractionation laws §%4S - §33S and 534S vs. §6S

1 1
32Q) 36

m(328)  m(319)

(1.8)

On plots of §**S vs. %3S and §*4S vs. §%°S in Fig. 1.2 mass-dependent

processes are expressed as lines with slopes equal to the factor A. If the isotopic

compositions of natural materials fall off of these lines, mass-independent fraction-

ation (MIF) is considered, which is discussed in the next section.

Fig. 1.3 shows common sources of sulfur and their isotopic composition. The

most wide range of 6**S we can see in sedimentary pyrites mediated by biological

processes. As in the case of carbon isotopes, enzymes within living organisms prefer

to incorporate the lighter 325 isotope during their metabolism.

One of the main natural processes causing mass-dependent fractionation is dis-

similatory sulfate reduction by sulfate-reducing bacteria (SRB). In Fig 1.4 a simple
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metabolic pathway for sulfate reduction is presented (Rees, 1973).

The total biological fractionation of sulfur isotopes during microbial sulfate
reduction reflects the combination of each of these steps. The magnitude of isotopic
fractionations produced by sulfate reducers can vary, but may reach §*4S values up
to >75%o(Canfield et al., 2010). Fractionation can depend on many factors as has
been illustrated in culture experiments, for example:

1. It has been shown that higher rates sulfate reduction are associated with
smaller fractionation of sulfur isotopes (Harrison and Thode, 1958);

2. Experiments by Habicht et al. (2002) demonstrated that bacterial sulfate
reduction under concentration of SO;~ less than 200 M produce small magnitudes
of fractionation (generally less than 6%).

3. It has also been shown that fractionaions decrease with lower temperatures
(Harrison and Thode, 1958).

On the other hand, non-biological processes such as evaporation and precipi-
tation of sulfate minerals yield small magnitudes of fractionation, typically around
2%o0 (Raab and Spiro, 1991). It is generally agreed that isotopic composition of
evaporites represents an isotopic composition of seawater at time of precipitation

(Strauss, 2004).
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1.5.2  Processes Causing Mass-Independent Fractionation

To quantify deviations from mass-dependent reference lines (see Fig. 1.2) due

to mass-independent processes, a capital delta notation (A) is used where:

345« A
A =538 — (1 + 1000) — 1] x 1000 (1.9)
For the rare isotopes 23S and 3¢S
34g 0.515
ABS =§35 — (1 + 1000) — 1] x 1000 (1.10)
3451 1.9
ANS = 5305 — (1 + 1000) — 1| x 1000 (1.11)

After the discovery by Farquhar et al. (2000) of mass-independent fractionation
of sulfur isotopes in sedimentary sulfides older than 2.4 Ga, photolysis experiments
on sulfur dioxide (SO2) were conducted to investigate their possible photochmecal
origin (Farquhar et al., 2001). Fig. 1.5 illustrates their experimental results.

SO, gas was irradiated with light of different wavelengths, and isotopic compo-
sition of final products (sulfate and elemental sulfur) was obtained. MIF signal was
observed just in the products from the SO, photolysis reaction with light of wave-
length less than 220 nm. Oxidized products (sulfates) had negative A33S whereas
reduced compounds (elemental sulfur) attained positive A33S. This is similar to
A33S data for geologic samples.

A sharp transition in the magnitude of non-zero A®S signals between rocks
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older 2.4 Ga and for those that are younger 2.4 Ga is observed in the geological
data set, and this shift has been interpreted to reflect oxidation of the atmosphere
resulting in the cessation of MIF preservation in surface environments by ~2.4 Ga
(see Fig. 1.6). After 2.4 Ga small deviations in A%*3S values have been interpreted
to reflect mass-dependent fractionation processes associated with biological cycling
of sulfur. For example, Ono et al. (2006) observed a small A33S of up to +0.34%0
from a pyritized Jurassic ammonite. This non-zero A%S value was attributed to a
biological process associated with sulfate reduction and with Rayleigh distillation of
pore water sulfate that caused a factor A to shift away from the standard value of
0.515 (Farquhar and Wing, 2003). Measurements of A0S /A% S ratios for Phanero-
zoic sulfides vary significantly, ranging from -4.4 to -9.8 (with average value -6.9)
(Ono et al., 2006), but for Archean sulfides this ratio is very different with a value
near -1 (Farquhar et al., 2001). Hence, differences in A3S/A%S ratios have been
used to argue for different processes operating in the sulfur cycle at different times in
Earth history. Ohmoto et al. (2006) argued different processes of MIF of sulfur iso-
topes. Notably, measurements of sedimentary rocks deposited between 2.8 and 2.9
Ga demonstrated A33S values near zero in the range of typical MDF signals. This
observation maybe interpreted in different ways: 1. oxygen levels fluctuated during
the Archean, so MIF signal disappeared at times when oxygen levels exceeded 107°
PAL, or 2. the strength of the MIF signal depends on the volcanic emission rate of
the sulfur gases, and photochemical reactions still played an important role in the
Archean.

Observation of MIF signal (around -1 to +1%g) from ice core sulfate form-
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ing during massive volcanic eruption (Baroni et al., 2007; Savarino et al., 2003)
demonstrated that sulfur isotope MIF occurs today above the ozone layer during
photooxidation and can be preserved as non-zero A%3S and A3¢S in ice. This process
happens over the scale of months to years (Baroni et al., 2007) with the intensity of
volcanic eruption causing the range of measured A%S and A30S values.
Differences in volumes and magnetic spins of atoms are another explanation
for non-zero A%*S values but it does not explain variations in A30S values (see
Buchachenko (2013); Oduro et al. (2011)). If photochemical reactions are not the
only cause for MIF but thermochemical sulfate reduction caused by magnetic isotope
effects (Watanabe et al., 2009) and Raleigh distillation processes also participate,
then MIF signals may represent more than oxygen level alone. However, observa-
tions for large anomalies in A%S and A%6S and A365/A33S ratio like that observed
in pre-2.4 Ga sedimentary pyrite were only found in experiments involving the pho-
tolysis of SOy (Farquhar et al., 2001). Consequently, for the present, photochemical
reactions in an free-oxygen atmosphere remain the main processes thought to cause

large A33S anomalies.

1.5.3 Pyrite Formation in Sedimentary Rocks

Because the main source of sulfur in sedimentary rocks is pyrite, mechanisms
of its formation should be considered carefully as it can help to resolve problem
regarding the preservation of sulfur isotopic signatures. Berner (1970, 1984) con-

sidered process of pyrite formation in detail, and identified a number of limiting
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factors controlling pyrite formation, including: 1. the rate of sulfate reduction; 2.
the availability and reactivity of organic matter; 3. the availability of dissolved sul-
fate; 4. the amount and reactivity of iron; 5. the rate of sedimentation; and 6. the
availability of oxidants.

Direct pyrite formation does not occur in solution because of a high kinetic bar-
riers, but instead the process starts with the formation of iron monosulfides (FeS).
Because monosulfide sulfur has oxidation state 2-, there is a need to oxidize sulfur
to S~ to form pyrite (Berner, 1970; Schoonen, 2004). There are three mechanisms
to form pyrite from monosulfide precusors (i.e. mackinawite) (Schoonen, 2004):

1. FeS conversion via addition of sulfur with sulfur species as an electron

acceptor. This mechanism was presented by Berner (Berner, 1970, 1984):

FeS+S5° — FeS, (1.12)

SY. elemental sulfur, is an additional sulfur source and electron acceptor
(Berner, 1970) and may have a distinct isotopic composition from the sulfur in
iron monosulfide. On the basis of series of experiments (Wilkin and Barnes, 1997)
with iron monosulfides and multiple sulfur species (zero-valent sulfur S°; colloidal
sulfur, polysulfides S?~, hydrogen sulfides (HyS, HS™'), sulfite SO, thiosulfite
S,03~, and organic sulfur species), it was shown that pyrite is formed in the pres-
ence of colloidal elemental sulfur and polysulfides. However, if conditions are slightly
oxidizing, pyrite also can be formed with the addition of hydrogen sulfide.

2. FeS conversion via addition of sulfur in form of hydrogen sulfide with a
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non-sulfur electron acceptor. Non-sulfur electron acceptor can be O,, H50,, Fe
(III), nitrate, Mn(IV, III), organic carbon and bicarbonate (Berner, 1970; Wilkin
and Barnes, 1997);

3. FeS conversion via iron loss, combined with an electron acceptor. Ex-
periments tracing sulfur sources during pyrite formation from FeS and measuring
isotopic compositions of reactants and products (Wilkin and Barnes, 1997) demon-
strate that sulfur is not added before FeS - pyrite conversion, but Fe?* is released
to solution. In slightly oxidizing conditions, a transitional step is the formation of
Fe(IIT) oxyhydroxides near the surface of sulfides (Wilkin and Barnes, 1997). Wilkin
and Barnes (1997) proposed that the main mechanism of pyrite formation is iron
loss:

2FeS +2H™ — FeSy + Fe’t + Hy ) (1.13)

However, all above described experiments were conducted in the laboratory
and did not include any microbial component. In nature, where processes are in-
herently more complicated than experiments, bacteria likely play a significant role
in pyrite formation using completely different pathways. Pyrite can form framboids
and euhedral crystals (Popa et al., 2004). The former occurs during fast rate of
pyritization, while the latter occurs when the rate of pyritization is slow (Wilkin

and Barnes, 1997).
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1.5.4 The Archean Sulfur Cycle

Evidence of mass-independent fractionation of sulfur isotopes (MIF-S) in sul-
fides and sulfates in rocks older 2.4 Ga (Farquhar et al., 2000) and photolysis exper-
iments of sulfur dioxide (Farquhar et al., 2001) imply the absence of a present day
ozone layer in the Earth’s atmosphere prior to approximately 2.4 Ga. Because ozone
concentrations are directly linked to that of oxygen, the large MIF signals have been
used to argue for a low concentration of oxygen in the Archean atmosphere. Using
a one-dimensional model, Pavlov and Kasting (2002) demonstrated that MIF-S (as
discrete sulfate and elemental sulfur channels) will be efficiently transferred from
the atmosphere to Earth’s surface when oxygen levels are below 10~ of the present
atmospheric level (PAL).

One place in the geological record where we can see a transition from MDF to
MIF signals is in the Duitschland Formation in South Africa, which is constrained
to be ~2.32 Ga in age (Bekker et al., 2001, 2004; Guo et al., 2009).

As atmospheric oxygen was very low in the Archean Eon, the rate of oxidative
weathering and the flux of sulfur into the ocean and thus sulfate concentration in
the ocean is belived to have remained low until the Great Oxidation Event (Far-
quhar et al., 2000; Guo et al., 2009). The main source of sulfate sulfur at this time
is thought to have been associated with photochemistry of other atmospheric sul-
fur species (such as sulfur dioxide, elemental sulfur, or sulfur monoxide). During
photochemical reaction, SOy gas, which is thought to come from volcanic emission,

would be photochemically transformed into sulfate (SO7~) and zero-valent (mainly
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elemental S) species (Farquhar et al., 2000).

Quantitative estimation of sulfate concentration in Archean seawater can be
made using sulfur isotopic composition of sediments (see Fig. 1.7). It has been
noted that before 2.5 Ga sulfur isotopic fractionation is smaller than in younger
rocks, and this has been attributed to sulfate reduction under low sulfate concen-
trations. Habicht et al. (2002) on the basis of experiments defined a threshold of
approximately 200 puM for Archean seawater sulfate concentration, although this
constraint might also depend on the rate of sulfate diffusion into sediments.

A scheme of the Archean sulfur cycle is shown in Fig. 1.8. Volcanic gases (as
either SOy or H,S) initially had zero A%S values. Exposure of gases to UV light
results in the photolytic production of two distinct sulfur reservoirs with opposite
A3S values. Sulfate from the atmospheric channel with negative A%3S values may
have been used by sulfate-reducing bacteria (SRB) during dissimilatory processes
to produce sulfide, which is preserved in some sedimentary rocks as pyrite with
negative A33S compositions. Elemental sulfur from the atmospheric channel with
positive A*3S values could directly form pyrite as described above. Alternatively,
this reduced pool might be oxidized to sulfate through inorganic or biological pro-
cesses, and then be reduced back to HS™ through bacterial sulfate reduction thereby
resulting in the sulfate and elemental sulfur reservoirs mixing.

This study of the Batatal Formation from Brazil is intended to further elu-
cidate the processes of sulfur isotope mass-independent fractionation genesis and

preservation in the Neoarchean ocean.
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Figure 1.3: Isotopic composition of common sulfur reservoirs. Modified from
(McFadden and Kelly, 2011)

S (:)1 2- out

Figure 1.4: A simplified model of metabolic pathways for sulfate reduction pro-
posed by Rees (1973)

L
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Figure 1.5: A simplified scheme of experiments from Farquhar et al. (2001). SO,
gas was irradiated with UV light of wavelength ranging from 184.9 to 248 nm.
Products of photolysis with less than 220 nm wavelength showed large variations
in 635 and A33S values. Oxidized species (primary sulfate) had positive 635 and
negative A%3S values while reduced sulfur species (elemental sulfur compounds)
had negative 6345 and positive A33S values.
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Figure 1.6: Evolution of A%S over geological time. Data is compiled from Bao
et al. (2007); Bekker et al. (2004); Cates and Mojzsis (2006); Domagal-Goldman
et al. (2008); Farquhar et al. (2000, 2002); Guo et al. (2009); Hu et al. (2003);
Johnston et al. (2005, 2006); Kamber and Whitehouse (2007); Kaufman et al.
(2007); Kendall et al. (2010); Mojzsis et al. (2003); Ohmoto et al. (2006); Ono
et al. (2003, 2006, 2009a); Papineau et al. (2005); Partridge et al. (2008); Philippot
et al. (2007); Rouxel et al. (2008); Shen et al. (2009, 2011); Ueno et al. (2008),
and Zerkle et al. (2012). Sedimentary rocks older than 2.4 Ga demonstrate non-
zero A%S which is attributed to low level of the atmospheric oxygen < 107° of
the present atmospheric level (PAL) (Pavlov and Kasting, 2002). See text for
additional details.
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Figure 1.7: Upper plot shows ¢3S of sulfides (grey diamonds) and isotopic
composition of seawater (double red line) over time. Lower plot demonstrate
ranges SOj;~ concentration in the ocean through geological time: before GOE
(2.4 Ga), after GOE (2.4 - 0.542 Ga), Phanerozoic (0.542 Ga - present time).
From Canfield and Farquhar (2009)
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Figure 1.8: Schematic diagram of the Archean sulfur cycle with potential cycles
that transfer MIF-S signals to sediments. From (Farquhar and Wing, 2003; Ono
et al., 2009a)
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Chapter 2
Characteristics of the Batatal Formation

2.1 Geological Settings and Stratigraphy

The Batatal Formation belongs to the Minas Supergroup in south central
Brazil near Belo Horizonte (Fig. 2.1). The sedimentary succession comprises three
groups: the Caraga, Itabira, and Piracicaba (Bekker et al., 2003) (see Fig. 2.2). The
Batatal Formation forms the upper part of the Caraca Group, which overlies the
Moeda Formation with a generally sharp contact. Where both formations are thin
and the Moeda Formation is argillaceous the contact is gradational. The Batatal
Formation is conformable with rocks of the overlying Itabira Group (Dorr, 1969).

The Batatal Formation consists largely of sericitic phyllite and includes minor
meta-chert, iron-formation, and graphitic phyllite. Where both the Batatal and
Moeda formations are thin and poorly differentiated, the Batatal Formation may
also contain significant amounts of quartz. Locally the formation contains significant
amounts of chlorite, graphite and carbonaceous material (Dorr, 1969). The Batatal
Formation is widespread, but is rarely preserved in outcrops; where it does occur
on the surface it is highly weathered.

Fresh samples from the core GDR-117 were collected by Prof. Alan J. Kaufman
and graduate student Nick Geboy in 2005 with the assistance of Carlos Noce from

Universidade Federal de Minas Gerais. The thickness of the Batatal Formation
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Figure 2.1: Simplified geological map of Iron Quadrangle region with the position
of the GDR~117 core. After Dorr (1969)

5, DBarreiro Fm.
,::; Tabodes Fm.
S Fechodo Funil Fm.
g" &  Cercadinho Fm.
O b 1 1
e
5’ 50 Gandarela Fmjig 2420t19 Ma (Pb-Pb)
o &
e BIF
5 =
@ | & Caué Fm. % Carbonates
c
E g, Batatal Fm. I iack shales
o susfesl 2580+7 Ma (U-Pb)
= fafes el _
@ Moeda Fm. [iiis Quartzite
= :
@] Conglomerate

Figure 2.2: Stratigraphy and geochronology of the Minas Supergroup (after
Bekker et al. (2003)). 1. age of the Gandarela Formation is from Babinski et al.
(1995). 2. age of the upper Moeda Formation is from Hartmann et al. (2006).
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ranges from a few meters to more than 200 m (Dorr, 1969). In the GDR-117
core the Batatal Formation consists of upper (38 m) and lower (65 m) black shale
intervals sandwiching a thick dolomite (67 m). I divided the GDR-~117 core onto
three lithostratigraphic subdivisions (see Fig. 2.3). The contact between the lower
black shale layer and the carbonate interval is gradational, and between the upper
black shale and carbonate (which is brecciated in the upper 10 meters, see Fig.
2.4G) is sharp (see Fig. 2.4F). The brecciation may indicate the effects of exposure,
weathering, and karstification of the shallow marine carbonate platform during sea
level fall prior to transgression and deposition of the overlying shale facies.

The lower black shale consists of dark grey to black fine-grained mudstone in-
terbedded with coarser grey mudstone in the bottom of the core (Fig.2.4L). Bedding
subdivided on the basis of different carbonate content (see Fig.2.4J). In general, the
lower black shale interval is homogeneous with locally enrichment in pyrite laminaes
and nodules (Fig. 2.4J and K).

Carbonates in the middle of the formation are generally laminated or massive
with zones of pyrite enrichment (Fig. 2.4H). In some intervals the carbonates appear
stromatolitic (see Fig. 2.41), but these structures also resemble rolled up microbial
mats. Two layers of stromatolitic dolostone were defined (Fig. 2.3). The upper
brecciated ten meters of carbonate, close to the upper shale contact, is riddled with
chert lenses and veins (see Fig. 2.4G).

The upper shale is generally more enriched in organic matter and pyrite rela-
tive to the lower black shale (compare Fig. 2.4E and 2.4J), and between depths of

1240 and 1230 meters is enriched in pyrite nodules, carbonate and quartz (Fig. 2.4B,
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Figure 2.3: Detailed lithology of the core GDR-117. The arrows show stages of
transgression /regression.
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Figure 2.4: Pictures of main lithological types in the GDR-117 core. (A) Shale
enriched in silica and carbonate (1214.2 m depth). (B) Detrital pyrite in black
shale (1237.4 m depth). (C) Upper shale enriched in organic matter and pyrite
nodules (1233.7 m depth). (D) Upper shale enriched in chert, carbonates, and
pyrite nodules (1238.4 m depth). (E) Black shale enriched in pyrite (1246.0 m
depth). (F) The boundary between carbonate interval and upper black shale
(1249.2 m depth). (G) Chert-carbonate breccia (1254.0 m depth). (H) Laminated
dolostone with some pyrite laminae (1288.5 m depth). (I) Dolostone with stroma-
tolitic structure (1295.5 m depth) (J) Laminated lower black shales with pyrite
nodules (1366.0 m depth) (K) Deformed pyrite veins in shale (1368.8 m depth).
(L) Interbedded shale and quartzite (1385.4 m depth)
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C, D). Above this interval the upper shale has pyritic laminations in association with

quartz-carbonate layers (Fig. 2.4A).

2.2 Geochronology

The age of the upper Moeda Formation quartzite is 2580+7 Ma (detrital zircon,
U-Pb SHRIMP), and provides upper limit for the age of the Batatal Formation
(Hartmann et al., 2006). The minimum age is constrained by a Pb-Pb carbonate age
for the overlying Gandarela Formation of 2420+19 Ma for stromatolitic dolomites
(Babinski et al., 1995). These broad constraints indicate that the Batatal Formation
was deposited prior to, during or immediately after the Archean-Paleoproterozoic

transition at 2500 Ma.

2.3 Interbasinal Correlation of the Batatal Formation

Given available age constraints, it is possible that the contact between the
Batatal Formation and the overlying Caué Iron Formation, might be directly corre-
lated with similarly aged contacts between shale and BIF in South Africa (between
the Klein Naute and Kuruman Iron formations), and Western Australia (between
the Mt. McRae Shale Formation and the Brockman Iron Formation) (see Fig. 2.5).
Rocks in these three successions include black shale, carbonate, chert, and BIF,
representing both deep and shallow water marine environments.

The stratigraphic position of the Batatal Formation, however, differs from

other two formations insofar as the Brazilian succession was deposited directly on
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terrestrial or marginal marine clastic sediments (the Moeda Formation), or base-
ment rocks with a maximum age as far back as >2.61 Ga basement (Bekker et al.,
2003). This observation suggests that deposition of the Batatal shale and carbonate
coincided with major relative subsidence and transgression over exposed continental
rocks. On the other hand, the supposedly equivalent pre-BIF shales in the Camp-
bellrand and Hamersley groups are underlain by thick marine lithologies (see e.g.
Cheney (1996)). These geological and geochronological observations suggest that
either:

1. The Batatal Formation was formed in a different environment than the other
two formations, but from the same open oceanic reservoir (Aspler and Chiarenzelli,
1998). In this case isotopic signature recorded in the Batatal Formation should be
similar to those in the Mt. McRae Shale and Klein Naute formations, or

2. The Batatal Formation was deposited in a restricted or stratified ma-
rine environment, so the isotopic composition of rocks may differ from other coeval
records and record a particular isotopic signature of the Batatal water reservoir, or

3. Deposition of the Batatal Formation was earlier or later than the Mt.
McRae Shale and Klein Naute formations, insofar as age constraints provide a wide
range of possibilities spanning ~ 150 Ma for the Brazilian deposit. In this situation,
the isotopic composition of the Batatal rocks may differ from its comparitors in both
time and space, as well as in diagenetic preservation. Information to evaluate these
possibilities may be provided by the chemo stratigraphy.

Fig. 2.5 illustrates the suggested correlation of three potentially coincident

successions from Brazil, Southern Africa and Western Australia. The main argument
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Figure 2.5: Simplified stratigraphic columns of cores GKPO1 (South Africa),
ABDP-9 (Western Australia), and GDR-117 (Brazil). The scale of each core is
the same. As seen the Batatal Formation is thicker and more homogeneous than
the Mt. McRae Shale and Klein Naute formations. Pyrite enrichment layers are
observed in each core. Lithology is from Dorr (1969); Kaufman et al. (2007);
Ono et al. (2009a). Age constraints are from: 1 - Pickard (2003), 2 -Sumner and
Bowring (1996), 3 - Nelson et al. (1999), 4 - Anbar et al. (2007), 5 - Hartmann
et al. (2006)
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about coincidence of these formations is deposition of overlying thick BIF. Notably,
thick pyrite enriched layers are also present in all three cores, and it is possible
that these pyrite-rich horizons were caused by similar depositional environments or
similar source of iron and sulfur to the ocean(s). Time-series isotopic compositions
of the Batatal Formation may provide additional clues to the correlation of the three

formations.

2.4 Depositional Environments

Depositional environments during accumulation of the Batatal sediments may
control preservation of isotopic signatures, so distinguishing the settings in which
the rocks were formed is critical to future interpretation.

Black shale

From the beginning of the election study the depositional environments for
these rocks have always been speculative (Wignall, 1994). There is no single uni-
fying concept regarding black shale preservation. One of the most famous modern
analog of black shale deposition is the Black Sea, where fine silt and clay accumulate
at the seafloor in deep and euxinic conditions. However, extending this model to all
black shales is unjustified. Contact relationships with surrounding rocks as well as
textural preservation is a key to understanding depositional environments.

The lower interval of the Batatal Formation directly overlies the quartzite
gravel /conglomerate of the Moeda Formation with a gradational transition (Dorr,

1969). In the GDR-117 core, interbedding between quartzite and shale is observed
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in the lower interval (Fig. 2.4L) and is apparent even in thin sections (Fig. 4.1L).
Thus, deposition of the lower black shale is inferred to have started on the con-
tinental slope in a near shore area where coarse clastic sediments were previously
transported. Black shale deposition continued with transgression and deepening of
the basin.

The upper shale interval overlies breccia with an unconformity (see Fig.
2.4F) and presents a second transgressive stage associated with the rise of the
sealevel. Pyrite concretions, chert-carbonate layers, and high OM content (see Fig.
2.4) may indicate a high-productivity region. The upper interval is similar to that
described in Wignall (1994) as maximum flooding black shales with the occurrence
of erosional surfaces during sedimentation under a stratified water column.

Carbonates in the middle of the Batatal Formation are usually laminated but
occasionally stromatolitic indicating deposition of the carbonate interval in shallow
water below the tidal zone. Lamination is highlighted by the presence of thin 1-2
millimeter interbeds of carbonate and silica (see Fig. 4.1G). It has been noticed
(Sighinolfi, 1974) that carbonates and silica in Archean might coprecipitate under
evaporitic conditions. This could be the case of the Batatal carbonate interval. As
will be described below, carbonates have low sulfur content and, subsequently, pyrite

abundance. Pyrites usually are associated with silica (see Fig. 4.1H).
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Chapter 3

Analytical Methods
This chapter will describe analytical methods used for carbon isotopic anal-
ysis (organic and carbonate carbon), carbonate and organic carbon content, sulfur

isotopic analysis and petrographic work.

3.1 Sampling

Ninety-one samples in total were collected from the GDR-117 core (28 and 44
samples of upper and lower black shale intervals, respectively, and 18 samples from
the carbonate interval). The lithology and description of the core mostly were based
on serial photographs taken during the fieldwork in 2005.

For bulk isotopic and elemental analysis samples were crushed by hand using
a ceramic mortar and pestle. In case of measuring isotopic composition of pyrite
grains, nodules or laminations, they were drilled out using 1-mm drill bit, and

powders were collected into glass vials for future analysis.

3.2 Petrographic Observations

Thirty two thin sections, including twenty four shales and eight carbonates,
were made by Spectrum Petrographics, Inc. The chips from samples were polished

in the Biogeochemistry Laboratory at the University of Maryland to closely observe
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ore minerals (particularly pyrite). Observations and photos of thin and polished
sections in transmitted and reflected light, respectively, were taken on research Leica

petrographic microscope in the Microscope Facility.

3.3  Analysis of Carbonates

3.3.1 Carbonate Weight Percent

To estimate carbonate content, four to five grams of powdered samples were
acidified in 50 mL centrifuge tubes with 15 mL of 3M HCl. When effervescence
stopped the solutions were centrifuged and decanted, then a new aliquot of acid
was added to make sure that all carbonates are quantitatively reacted. Milli-Q-
H>;0 was then added to the test tubes to purify the samples of the acid. After
washing and centrifuging several times, and drying of samples overnight, differences
between initial mass of sample and acidified residue were measured to get mass and

percentage of carbonate.

3.3.2 Carbonate Carbon and Oxygen Isotopic Composition

The isotopic composition of carbonate was measured using the MultiFlow-
IRMS in the Paleoclimate CoLaboratory at the University of Maryland. The ref-
erence used for carbon isotopic analysis is JTB-1 (6®*Oppp = -8.71%0; 6*Cppp=
+1.78%0). Exactly 100+10ug of the standard is weighted into exetainers. In the
case of samples from the GDR-117 core, an amount of sample is weighed taking into

account estimates of carbonate content to match sample peak heights with those of
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standards. Ten milliliters of 100% phosphoric acid heated up to ~90°C is manu-
ally added to each exetainer to react with carbonate for one hour and release C'Os.
The MultiFlow-IRMS subsequently measures masses 44, 45, and 46 (12C'°0'°0,
BCOO and 12C1O80, respectively). The sample-standard bracketing method
is used to account for any drift in the instrument and get precise data and for offset
corrections to true values. Uncertainties for §Cl4p and 68O, are less than 0.1%0

and 0.2%q, respectively.

3.4 Organic Carbon

To measure organic carbon in samples, powders were acidified with 3M HCI as
described above. The reference used for organic carbon is urea (6'3Cppp= -29.39%o,
Wt %Corg=20%). Exactly 100+£10ug of standard is placed in a tin cup. Because sam-
ples have much less organic matter than the standard, about 1000ug of pre-acidified
samples is weighted into tin cups. The samples are combusted to convert organic
carbon to COy. Masses of 44 and 45 (*2C1°0O°0 and *C1°0°0, respectively) are
measured with the MultiFlow-IRMS in the same laboratory to obtain §'*C,,, values.
Organic matter content is determined by comparison of standard and sample peak
heights, and these are calculated for the whole rock based on quantified carbonate
loss. Uncertainties for 513Cmg and organic carbon content are < 0.1%0 and < 2%,
respectively. Further calculation procedure of C,,, content in rocks from acidified

samples takes place.
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3.5  Sulfur Isotope Measurements

Sulfur isotopes were measured in bulk rocks and in pyrite segregations (nod-
ules, laminaes, enriched layers). To measure sulfur isotopic composition of nodules
and other pyrite segregations, a drilling technique was used. Before drilling, rock
chips were polished and washed with ethanol. Each drilling spot was mapped on
the pictures scanned for each polished sample (see Fig. 3.1).

Due to the low abundance of sulfur in shale samples from the Batatal core
(generally less than 0.1 wt.% S), two to five grams of rock powder were used for the
Chrome-Reducible Sulfur (CRS) extractions. In the case of drilled pyrite, less than
0.5 g is utilized for the extraction. For whole rocks, the method applied is described
in Canfield et al. (1986) where hot 5M HCI is used to liberate acid volatile sulfur
(AVS) and subsequently Cr(II) reduction solution is used to extract sulfur from
pyrite and other disulfides. These procedures release hydrogen sulfide gas, which is
trapped in 0.3M AgN O3 solution, where sulfide reacts with silver ions to form AgsS.
The apparatus for this procedure is illustrated in Fig. 3.2. After precipitation of
silver sulfide the samples are aged for one week in the dark to allow for silver metal
and silver hydroxide contaminants to dissolve into the nitrate solution. The silver
sulfide samples were then filtered, washed with 1M N H,OH and ultrapure Milli-Q
water, and then dried at 50°C overnight.

Silver sulfide samples of 0.1 mg were weighed into tin cups with a strong oxi-
dizer V505 for analysis using a Eurovector EA coupled to an Isoprime-IRMS. During

EA-IRMS analyses, silver sulfides are oxidized to SO, and ratios of masses 3250,
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Figure 3.1: Photographs of drill-core samples with mapped drilled spots for
sulfur isotopic analysis. The size of the drill bit is about 1 mm.
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Figure 3.2: Apparatus for the chromium-reducible sulfur procedure. A sample
is placed in the boiling flask (A) with 5M HCI and acidic CrCI; solution, and
heated up to 80°C for 3.5 hours. The HyS gas is released and moves up through
the condenser (B), then is bubbled through the tube (C), and is trapped in a
AgNOj solution, forming AgsS precipitate(D)
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and 34502 are measured to yield 6345 values with uncertainties less than 0.3%.
Sulfur isotopic compositions are represented as delta notation (), a measure of the
ratio of a minor isotope to a major isotope in a sample relative to that in a standard
material, CDT (Canyon Diablo Troilite).

Silver sulfide samples of two to three mg were weighed and sealed in aluminum
capsules for fluorination analyses and isotope ratio of SFg using a ThermoFinnigan
MAT 253. The production of SFg from silver sulfide precipitates is completed by
loading the samples in aluminum foil packets into Ni bombs with fluorine gas and
heating to 250°C overnight. The SFy gas is purified through several steps of cryo-
genic separation, passivation, and gas-chromatographic purification. Purified SFg
is loaded into the bellows of the mass-spectrometer, where the isotopic ratios are
determined by the intensity of SF:~ ion beams at masses 127, 128, 129, and 131.
The ThermoFinnigan MAT 253 measurements have estimated uncertainties of 0.14,

0.008, and 0.2%0(10) for 6345, A3S, and A36S, respectively.
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Chapter 4
Results

4.1 Petrography

In the following sections, mineral and textutal characteristics of black shales
and carbonates are described. Photomicrographs of thin and polished sections are
provided for each of three intervals of the Batatal Formation (subdivision see on
Fig. 2.3).

Lower Shale Interval

The main structure of the black shales are thin bedding controlled by rhyth-
mical alternation of beds (thickness from a few millimeters to tens of centimeters)
variably enriched in organic matter, carbonates, and silicates (mainly chert). Near
the boundary with the Moeda Formation black shale and quartzite are interbedded
(see Fig. 4.1L). Slightly higher in the lower shale interval the sedimentary rocks are
rich in round quartz grains, which disappear upsection likely associated with marine
transgression and inland migration of the shoreline. Otherwise, the texture of the

lower black shale interval is homogeneous and thinly-laminated (see Fig. 4.1J and

K).
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Pyrite in the lower black shales is rarely observed. Locally, pyrite forms large dia-
genetic nodules up to two cm, and irregularly-shaped veins rich in pyrite and chert
(Fig. 2.4J) also occur. The source of the pyrite veins is likely hydrothermal. In
polished section, visible pyrite is rare. The matrix is poor in pyrite grains except
in some parts where pyrite (maximum size of grains less the 0.1 mm) is associated
with quartz (see Fig. 4.20).

Upper Shale Interval

The upper shale has complex structures and textures. The upper black shales
are enriched in silica in the form of veins (Fig. 2.4C), beds (Fig. 4.1A), and ran-
domly shaped segregations (Fig. 4.1C). Silicification is thought to be a secondary
process, occurring after sediment consolidation. However, close relationships with
pyrite suggest that silica also played a role during pyrite formation. The content

of organic matter and carbonate minerals is higher in the upper interval (see. e.g.

Figure 4.1 (preceding page): Microphotographs of thin sections from each
interval in the GDR-117 core. The upper interval: (A) sample GDR-1210.90 in
cross-polarized light with 1.5X magnification. Q-Cc laminaes and Py vein in black
shale (B) sample GDR-~1214.07 in X nicol, 10X. Shale enriched in silica, carbonate,
and OM (C) sample GDR-1213.10 in X nicol, 1.5X. Shale with quartz (D) sample
GDR-1232.07 in X nicol, 1.5X. Shale enriched in OM and pyrite nodules encrusting
with quartz (E) sample GDR-1240.33 in X nicol, 1.5X. Shale subsurface or biofilm
enriched in pyrite (F) sample GDR~1242.00 in X nicol, 1.5X. Shale with lamination
and diagenetic deformation; The carbonate interval:(G) sample GDR-1261.90
in X nicol, 1.5X. Laminated dolostone with silica layers associated with pyrite (H)
sample GDR-1261.90 in X nicol, 10X. Pyrite associated with quartz in dolostone
(I) sample GDR-1308.00 in || nicol, 5X. Py and OM formed biofilm; The lower
interval: (J) sample GDR-1323.55 in X nicol, 1.5X. Lamination in fine-grained
shale (K) sample GDR-1355.00 in X nicol, 1.5X. Shale with pyrite (L) sample
GDR-1373.45 in X nicol, 1.5X. Boundary between black shale and clastic sand.
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Fig. 4.1B and 4.2A). At the bottom of this interval shales are more fine-grained
with small post-depositional deformation (Fig. 4.1F).

In most of the rocks pyrite is disseminated with grain size less than 0.05 mm.
Pyrite also forms enriched layers (Fig. 4.1E and 4.2E) with small grains ~0.1 mm,
nodules (Fig. 4.2D), veins (Fig. 4.1A), and laminations (Fig. 4.2A). Sometimes
framboid-like shape grains are observed (Fig. 4.2F). Secondary recrystallized pyrite
is observed around pyrite nodules as euhedral crystals (see Fig. 4.2D)

Carbonate Interval

Most of the carbonates rocks are thinly-laminated. In some parts of the car-
bonates, a stromatolitic structure is observed, but these may also be interpreted as
remnants of rolled up microbial mats that accumulated after a storm event. Lami-
nations are present as interbedded thin layers of silica and dolomite (see Fig. 4.1G).
Pyrite grains are often associated with organic matter and silica (Fig. 4.2N and Fig.

4.11). Pyrite in carbonates usually occurs as irregular euhedral-like grains. In the

Figure 4.2 (preceding page): Microphotographs of pyrite polished sections
in reflected light from each interval in the GDR-117 core. The upper interval:
(A) sample GDR-1210.90 with 5X magnification. Pyrite laminae with silica (B)
sample GDR-1216.00, 5X. Pyrite nodule with silica (C) sample GDR-~1230.24 ,
20X. Dissemiated pyrite in shale (D) sample GDR-1232.07 , 5X. Pyrite nodule
incrusting with silica. To the left of the nodule later euhedral pyrite is observed
(E) sample GDR-1240.33 , 10X. Subsurface in shale enriched in pyrite (F) sample
GDR-1240.33 ,20X. Framboid-lika shape of pyrite grains; The carbonate inter-
val:(G) sample GDR-1251.90, 5X. Pyrite euhedral grains in breccia (H) sample
GDR-1261.90, 10X. Pyrite associated with quartz (I) sample GDR-1261.90, 20X.
Pyrite euhedral crystal with quartz (J) sample GDR-~1261.90, 5X. Pyrite euhe-
dral crystal (K) sample GDR-~1266.72, 5X. Pyrite grains associated with silica (L)
sample GDR-1272.70, 5X. Pyrite laminae associated with silica in OM-rich shale
inside the carbonate interval (M) sample GDR-~1272.70, 10X. Disseminated pyrite
grains associated with silica (N) sample GDR-1308.00, 5X. Pyrite-quartz laminae;
The lower interval: (O) sample GDR-1329.90 , 10X. Pyrite grain in silica
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sample GDR-1261.90 different generations of diagenetic pyrite are observed. In Fig.
4.2H pyrite forms grain facets around quartz. Fig. 4.21 illustrates pyrite growing
to a euhedral shape. Quartz is observed within the pyrite grains (Fig. 4.1H). This
process ends with formation of pyrite grains seen in Fig. 4.2J and K. The formation
of pyrite in this pathway is thought to occur due to low organic matter content, low
iron or/and sulfur availability, or a depositional rate. Pyrite-rich laminations are
also observed in the dolostone samples (Fig. 2.4G and 4.2N)

In the layer of black shale inside the dolomite interval (~ 1272 m depth)
pyrite occurs in the matrix as euhedral grains ~ 0.1 mm size associated with silica
(Fig. 4.2M). This pyrite is thought to have formed during diagenesis of sediments
accumulating at a rapid rate. Breccia that formed after carbonate deposition con-
tains a large amount of silica and recrystallized carbonate minerals (see Fig. 2.4F).

Euhedral pyrite here is detrital (Fig. 4.2G).

4.2  Carbon and Oxygen Data

The concentration and isotopic composition of organic carbon and carbon-
ate carbon and oxygen isotopic data are presented in Table. 4.1. The carbonate
content of samples is variable (4.3). Lower black shales have much less carbonate
content than those in the upper shale interval, with an average of 17(420) wt.%
and 50(£30) wt.%, respectively. Carbonate rocks have an average 79(£8) wt.% of
carbonates except the sample GDR-1727.70 from a black shale layer with ~2 wt.%

of CaCOj3. Figure 4.3 demonstrates carbonate concentration against stratigraphic

20



height.

In the lower interval carbonate content increases from almost no carbonate
at the lower boundary to more than 50% near the upper boundary. This trend is
probably related to transgression of the ocean and increasing sealevel. Carbon iso-
topic composition of carbonate in the lower shale shows increasing §'3C.q values
from -9%o to -5.3%0 upwards the core.

In the carbonate interval, rocks have a uniform carbonate content of about
80%. The 63C,arp values here are uniform throughout almost the whole interval
and vary between -0.1 to -0.7%o0, with the most negative value at the base with a
B3 Car value of -2.9%o. Such values close to zero are similar to the carbon isotopic
composition of modern seawater, and also similar to broadly correlative shallow wa-
ter Neoarchean carbonates worldwide.

The upper black shale interval is characterized by more variable carbonate
concentration and a heavier carbon isotopic composition than the lower shale inter-
val. Such variable carbonate content is attributed to secondary alteration. 63C.q,s
values fluctuate between -7.3 and -0.8%o. Most negative 6'3C.,,; value (-7.3%0) is

observed in pyrite-rich interval. Higher in the core, shale carbonate becomes more

enriched in 3C.
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In terms of oxygen isotopic composition, the Batatal Formation can be divided
into two zones: the lower shale interval with most negative and variable §'¥O 4, val-
ues, and carbonate and upper shale intervals with less variable §*¥O,,,; values.

In the lower interval §'¥O.q values vary from -17.1 to -13.7%o. Oxygen iso-
topes appear to co-vary with carbon isotopes. The carbonate interval is character-
ized by a low range in %04, values between -13.2 and -11.8%0. The most negative
580 qrp value equal to -16.1%owas measured near the boundary with the lower shale
interval. Trend of 60, continues to the upper interval where values vary from
-14.3 to -13.3%o.

The coupled relationship between 6'3C.,,;, and 6O, in each interval is
demonstrated in Fig.4.4. A positive correlation is observed in the lower shale inter-
val. Data from the carbonate and upper shale intervals show conservative behavior

of 613C, 4, and 61804, respectively.
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Figure 4.4: Plot of §'3C,up vs. 0'8O0ar in the GDR-117 core for three intervals
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4.2.1 Organic carbon

Total organic carbon in the first two intervals of the GDR-117 core have an av-
erage concentration less than 1%. On the other hand, in the upper black shale aver-
age organic carbon content achieves 2-3% with a maximum concentration of 14.06%
in the sample GDR-1238.25. In this interval organic matter burial (or preservation)
rate was either much higher. Figure 4.3 shows TOC and §'*C,,, variations according
to stratigraphy. From the bottom moving upwards into the lower black shale inter-
val §'3C,,, values increase from ~-26%o to -22%o. The carbon isotopic composition
of carbonate preserves a trend of ?C' depletion with average §'3Cl,, value -17(42)
%o0. In contrast, the upper black shales have carbon isotopic composition depleted in
12C. From the breccia-lower interval boundary upwards, 6**C,,, decreases, and an
average value is approximately -20(£2)%o. The pyrite-rich interval has more nega-
tive values of 6'3C,,, along with elevated TOC (see Fig. 4.3).

The cross-plot on the Fig. 4.5 shows a correlation between wt.% carbonate
- 0"3C,yq: the more weight percent of carbonate the more enriched isotopic com-
position in ¥C. A positive correlation was observed between the carbon isotopic
composition of organic matter and of carbonate in rocks (Fig. 4.6).

The most striking feature about the carbon isotopic compositions of the Batatal
Formation rocks is the consistent and low fractionation between them in all three

intervals. A¢,,,—c.,., varies from 12.9 to 18.7%o with average value ~15%o (see Fig.

43).
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4.3 Sulfur Data

The full sulfur isotopic data are listed in Table 4.2. Analyses are presented for
bulk rock as well as for separate pyrite segregations. Microphotographs of pyrite as
segregations and spots of analysis are illustrated in Fig. 4.7. Because the Batatal
Formation core has three intervals with different isotopic characteristics (see Fig.

4.3), each of these intervals will be described below.

4.3.1 6%S and A*S data

The Lower Black Shale Interval

The lower black shale interval (between 1385 and 1320 meters of the core)
in the Batatal Formation represents uniform facies. Sulfur content in most of the
samples is less than 0.1%. Pyrite is present in the form of fine disseminated grains
in the sample matrix and rare pyrite concretions up to three cm size, as well as
deformed layers of pyrite up to four cm thickness (see Fig. 2.4). Nineteen multi-
ple sulfur isotopic analyses of sulfur extracted from bulk rocks and three analysis
of sulfur extracted from pyrite nodules were undertaking using SFg technique and
measurement with a Thermo FinniganMat 253 in the University of Maryland, Geol-
ogy Department. Thirty-two analyses of bulk rock and six analyses of pyrites were
undertaken using SO, technique with an Isoprime-IRMS.

The §3*S values vary from -9.73 to +0.09%o in bulk rock. Pyrites have §%4S
close to the same bulk rock with differences of about 2%o (see Fig. 4.7 for sample

1359.84). Most negative 615 values are recognized in the middle of the lower interval
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(~ 1360-1350 m depth) with 325 depleting upwards up to almost 0%o near shale-
interval boundary. The A33S values from the lower interval are positive (ranging
from +0.48 to +0.12%¢, except in the sample GDR-1321.50 with a value of -0.21%)
and notably uniform for this stratigraphic unit with an average value +0.30%o.

The Carbonate Interval

Sulfur content in carbonates (between 1320 and 1250 meters of the GDR-core)
is less than 0.1% but pyrite does form thin layers and enriched beds with 1-2 mm
pyrite grains. The first measurements were conducted for recognizable drilled pyrite
grains or laminae. After identifying highly negative A%3S values, carbonate samples
were powdered and acidified for using CRS extraction and conducted using highly
precise sulfur isotopic measurements with the Thermo FinniganMat 253.

Carbonates have the most negative §%*S values among all samples in the
Batatal Formation with an average value of about -10%¢ for bulk analysis. The
most negative 6345, as low as -29.5%0, was derived from drilled 1-2mm pyrite grains
in sample GDR-1266.72. This maybe the most negative §%4S value yet measured
from the Neoarchean rocks. The bulk rock measurement from the same sample has
a 0%4S value -8.82%. The sulfur isotopic composition and pyrite morphology do not
demonstrate any correlations, but the remarkable heterogeneity of the samples is
striking.

In contrast with the lower shale interval, carbonates have negative A33S reach-
ing one of the most negative values seen for Neoarchean rocks, as low as -2.69%0
(sample GDR-1308.80). Average A33S value for all carbonate samples is -1.840.5%.
The A33S values of bulk rock and pyrite segregation analysis have similar composi-
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Figure 4.7: Photographs of drill-core samples with sulfur data for each spot
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tion but usually A%3S values in pyrites are more negative, and the greatest contrast
is seen in the sample GDR-1266.72 where bulk rock is characterized by A33S equal
to -0.41%o and pyrite grains have -1.76%o. As seen in Fig. 4.3 A33S values from
the bottom (~ 1320m depth) of the carbonate interval upwards decrease until 1308
m depth acquiring a A33S value -2.69%0. Above this depth, A%3S values increase,
fluctuating between ca. -2 and -1.5%¢ for the next 50 meters of the core.

The Upper Black Shale Interval

The upper shale interval (between 1250 and 1210 meters in the GDR-117 core)
has heterogeneous %45 and A33S compositions. Samples from the upper black shale
were analyzed intensively (see Fig. 4.2 and 4.7) due to high sulfur content (up to
5.23%) and the presence of several types of pyrite. Samples from the 1230-1241 m
interval have a number of pyrite nodules, crystals and layers with different features
and isotopic compositions. The §*4S values in bulk rock samples vary between -13.7
and +2.92%o. From the bottom upwards, §%4S values decreased to values as low
as -13.7%o until 1243 m depth. Above this depth the black shales are enriched in
pyrite, carbonate, and chert. The source of sulfur for pyrite nodules and layers were
significant enough to form large segregations (see Fig. 2.4). As samples from above
1243 meters are heterogeneous and have pyrite segregations, the isotopic composi-
tion of bulk rock composition might not reflect just one process but likely mixing of
several sulfur sources.

Pyrite grains with a size greater than 1.0 mm from the samples were drilled
and analyzed to compare with bulk rock sulfur isotopic composition . The samples

at 1232.07 and 1230.24 m depth were analyzing in detail (Fig. 4.7). These samples
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contain spherical pyrite nodules with negative §3*S values as low as -9.3%q, pyrite
associated with quartz with near zero or positive §**S values up to +2.3%o, and
pyrite crystals in carbonate-quartz layers with 6345 values up to +3.1%o. In these
samples the matrix is enriched in organic matter, and pyrite has sulfur isotopic com-
positions close to zero or only slightly positive. Thus, the range in sulfur isotopic
compositions of pyrites and macroscopic observations of the concretions and pyritic
laminations allow us to conclude that there may have been several sources of sulfur
during or after deposition of the upper black shale interval.

The A33S values of bulk rock samples from this interval reveal strong mass-
independent fractionation signatures (Fig. 4.3), varying from -2.0 to about +2.5%e.
The largest positive A¥S (4+2.5%0) value was measured in the sample from 1228.45
m depth, immediately after the pyrite-enriched 10 m interval. A negative A33S
value on the interval below 1243 m in the upper shale interval is similar to a value
recorded in the underlying carbonate. Detailed analysis of pyrite nodules (see Fig.
4.7) from the sample GDR-1232.07 demonstrate a range of A%*S between -0.46 and
-0.70%0 while bulk rock A%S value is +0.14%0, probably reflecting the composition
of disseminated pyrite. From the 1220 meter depth of the GDR-117 core upwards,
A3S values are close to zero (Fig. 4.8). One of the interpretations is a mixing of
mass-independent signals, that is related to nearly complete oxidation of positive-

A33S-bearing atmospheric Sg.
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Figure 4.8: Plot of A*S and A36S values against depth in the upper interval of
the GDR-117 core. As seen, above 1220 meter depth A%3S values become close
to zero value.

64



oded jxou UO ponuruo))

020 | €9°T- 8000 | 8S'T | ¥T°0| ¥9°1- | 3nq €ez INA R Yad 9" €eT-HAD
0¢0 | 19¢- | ¥Mmq VA 69'zecl €9zeeI-Han
0¢°0 | ¢6°0- | oyAd \4C| G9'61CT CO6TCT-HAD
00 | PL1- | MMq VA G9'61CT CO6TCT-HAD

020 | 00T | 8000 | 8€°0- | #1T°0 | AT'T- | ¥Mmq €ez INA G9'61CT CO6TCT-HAD
060 | €0¢- | MMq vd 99,121 99°LTZT-9AD
020 | FT°g- | o3taad \4C| 009121 00°9T2T-HAD
00| TT'T- | ¥Mq VA 00'912T 00°9T2T-HAD

020 | ¥9°0 | 8000 | T¢0- | #1°0 | 65'¢ | o1Ad CGTINA 009121 d00°912T-94dD

020 | €50 | 8000 | €T°0- | ¥1T°0 | ¥O'T- | Mmq €6 INJ 009121 00°9TZT-9AD

00| 050 | 8000 | 9T°0-|%T°0| 0L0- | 3nq €ez INA 009121 00°9T2T-HAD
0€0 | L¥g- | Mmq Vi 0z'S1CT 0Z'STCT-HAD
020 | €9°1- | ojudd VA LOVIZT LOTI2T-9adD
0¢°0 | 0£9- | 3Mmq VA LOV1ZT LOTIZT-9AdD
0¢°0 | TS T- | ojuxad Vi 00'€T12I 00°€TCT-9dD
0€0 | €8°9- | Mnq Vi 00°€1CT 00°€TCT-HAD

020 | 080 | 8000 | GT'0- | #1°0 | 891~ | o3tikd €CTINA 00°€1CT d00°€12T-94dD

00| 290 | 8000|900~ |¥T0| 681~ | 3Mnq €6z N 00°¢1CT d00°€1ZT-9dn
020 | Ly | omakd VA 8CCICT 8¢'¢12T-9dH

020 | 080 | 8000 | ¥OO | ¥T°0 | OR°T- | XMmq €6 N 8¢TICT 8ECTCT- YD
060 | €6'¢ | oaad Vi 06'0T21T 06°01¢T-9dD
00| T6C Fnq vd 06°012T 06°0TCT-HAD

020 | S70 | 8000 | 200 | #1°0 | L8¢ | oyikd CCTINA 060121 d06°0121-4dD

OF | SgeV | OF | SeeV | OF | Syef | 2dAL SIN | w ‘yade( sojdureg

(94§ JO syuauLINSEAW )
€Gg LVIN westuurjountoy [, - €6g N ‘(08 Jo sjuemainsesur) GNY[-0WLIdos] ue 0] po[dnod Iazieuy [BJUSWo[H I0JD0A0IN]
-V Iejewrorjoods-ssewt Jo odA) ' ST QN 0100 LTI oyl woiy soduwes jo uoryisoduoo ordojost mymg :z§ 9[qel

65



o8ed 1xou wO penuIIUO))

020 | 080 | oAd Vi L0°2¢eT 2-L0°2€eT-9an
020 | ¥€0 | omakd VA L0°2¢21 1-L02€CT-94aD
060 | S¥'g | ojaad Vi L0°CETT 2L0°2€21-9dD
00| ST0 Fnq Vi L0'TETT 2072821 9aD
020 | S&T | 8000|950~ |¥1°0| 060 | oykd €GTINA L0°2€eT | ST-dL0°2EeT- 9D
00| L6°0 | S00°0 | €9°0- | #1°0 | ¢T'g- | oyakd CGTINA L0°2€eT | 0T-dL0°2EeT- 9D
020 | 97T | 8000 | 89°0- | #1°0 | 9¥'¢- | o3aAd CGCINA L0°2€2T | 0T-dL0°2E2T- 9D
020 | 680 | 8000 | SV0-|¥1'0| 850 | oyikd CGTINA LO'TETT | ¥-dL0'TECT-HAD
020 | #9°0 | 800°0 | 9%°0- | #1°0 | 9¢°0- | oyakd CGTINA L0'2€eT | €-dL0°2EeT-IAD
020 | 6F°'T | S00°0 | 0L0-|¥T°0| 658 | oyikd CGTINA L0°2€eT | 8-dL0°2EeT-IAD
020 | 0T'C | S00°0 | GG'0- | #T°0 | 0F0 | oyakd €GTINA L0°2€eT | ¢-dL0°2EeT-aan
020 | T0C | 8000 | 95°0- | #1°0 | ¢€'G | oaAd CGTINA L0221 | §-dL0°2EeT-IAD
020 | €¢°0- | 8000 | ¥T°0 | ¥1T°0 | 620 ynq €6s INA L0°2€21 L0°2€21-9dD
0¢°0 | 6¢°¢- | ojtrad Vi 00'2€CT 2L0°2€21-9dD
0¢°0 | 6F'¢- | o3taad Vi 00'2€TT 2L0°2€21-9dD
020 | 9L'¢ | ojaad Vi 72 08TT v2 082T- 9D
020 | 19T | ojuadd VA V30821 V¢ 0EeT-9dD
020 | FT°¢ | omakd VA v3 0821 V3 0€2T- 9D
00| 21'C qnq VA v3'0821 V3 082T-HAD
020 | TL0 | 8000 | 2S0- | ¥1'0| T8C Fnq €6e A v2 0821 V3 082T-HAD
0¢0 | ¥ge- | Mmq vH G1'8¢CT CH'RceT-HAD
020 | 162 | 8000 | 08¢ | ¥T°0 | 8¢~ | 3nq €6C INA GT'RTTT G182 T-HdD
020 | 68¢ | 8000 | 8¢ | ¥1°0| 0¢C | MMmq €6s INA GT'RTTT GY'82CT-4dD
060 | OF'g- | Mmq VA GE'RTTT G RCTT-HAD
060 | 68°¢- | MMmq Vi £6'9z¢T S TAARS (O]
00 | ¥P'1- | Mq vd i ¥4q 9" € T-HAD
OF | SgeV | OF | 8¢V | OF | Spe¢ | 0dAL SIN | w ‘yideq sojdureg

o8ed snoraead wroay penurjuod — g o[qeq,

66



o8ed 1xou wO penuIIUO))

0¢°0 | LV'ET- | Mnq Vi 9z €Vl 9z €VCT-9dD
020 | 66¢ | oIAd VA 002Vl 002FeT-94dD
0¢°0 | 9¢7¢- | Mmq VA 00°2¥eT 89 CFCT-HAD
020 | ST'T | 8000 | 99°T- | ¥1°0 | TTg | oyikd CGTINA 00°ZVeT d00°cveT-9dn
020 | ¥¢0 | ojuaad \uc! SN izd ceOveT-aan
020 | L2 | S00°0 | 002 | #1°0 | ¢g0 | oyikd CCTINA €e0veT dee0veT-9an
020 | 0F°0- | @3rAd VA L3 6E2T LT 6£21-9AD
020 | 090 | ojuadd Vi LT6€TT LT 6€21-9dD
00| L9T Fnq \4C| LT'6€21 LT 68210
020 | 0F0 | 8000 | OF'0- | #1T°0 | 0S°C Fnq €6z NI LT6€2T LT682T- 9D
020 | 800 | ojtad \4C| GZ'R€TT Gz RCTT-HAD
060 | 8T Fnq \4C| G 9€TT Gz 9eTT-4dn
020 | T0€ | 8000 | ST'TI-|¥1°0| 0SC ynq €6 INJA Gz 9€TT ¢z 9eeT- YD
00| 93¢ Fnq VA 6T yETT CZyECT-HAD
020 | 20°0- | 8000 | 7.0 | #1°0 | €LC Fnq €6z N Gz yeeTT CTFECT-HAD
020 | €9°1- | o3udd VA L0°28CT | T11-L0°2€2T-1AD
020 | S00 |omAd \4C| L0°2ETT | €1-L0°2€2T-9AD
020 | 6% T | omAd VA L0°2ETT | GTI-L0°2E2T-HAD
020 | 9z¢ | oakd Vi L0°2eTT | ¥1-L02€21-9dD
020 | 681~ | ojuadd Vi L0°2ETT | 21-L0'2€21-9dD
020 | €¢6- | ojuad VA L0°2€21 8-L0°2£2T-MAD
020 | ¢80 | okd \4C| L0°2¢eT L-20°2€e1-9dD
0¢°0 | 19°0- | oyurAd VA L0°2¢21 9-L0'2£21- 9D
0¢°0 | LV¥- | ouaad Vi L0°CETT G-2L0'CETT-9AD
020 | 60°T- | ojtakd Vi L0°CETT 7-L0°26CT-9dD
020 | 670~ | ojtad \c! L0°TETT ¢-L0°CECT-9AD
OF | SgeV | OF | 8¢V | OF | Spe¢ | 0dAL SIN | w ‘yideq sojdureg

o8ed snoraead wroay penurjuod — g o[qeq,

67



o8ed 1xou wO penuIIUO))

00| ¥6'T | 8000 | 68°1- | ¥1°0 | 1€¢I-| Mg €6e A LV'e8e1 LV'28eT-ddD
020 | 97T | 8000 | 89'T- | #1°0 | L0°CI-| XMq €6C A 01°8LCT 0T°8LZT-YAD
020 | ¢gg- | ouakd Vi 0L'CLT1 0L°2L21-9dD
0€°0 | 6¢¢ | oydd VA 0L'2LTT 0L°2LTT-9AD
020 | T.C | 8000 | GST-|¥1°0| L0'g | oyakd CGTINA 0L'2LTT d0L°TLeT-9dD
020 | L8T [ 8000 | IF'T- | 10| 2&L | 3nq €ez INA 0LCLTT 0L CLET-IAD
00 | S6'6g- | @3IAd VA 0L 9921 2L '992T-9dD
020 | 65°6¢- | 9tadd Vi ¢L'9921 ¢L'9921-9dn
020 | I6°T | 8000 | 9L'T- | #1°0 | 9¥'65- | o¥add CGTINA TL'9921 dcL99¢T-9dD
020 | €50 | 8000 | IF°0- | P10 | 288 | 3nq €6z NI 0L 9921 2L '9921-4dD
0€°0 | GOFT- | o3tdd \4C| 06 1921 06 192T-HAD
020 | S€'T [ 8000 | 98T~ | #1°0 | 69°€T- | o311Ad CGTINA 06 1921 d06°T93T-9dD
020 | 6T°T | 8000 | L8°0- | #T°0 | 6LF- | 3MMmq €6 INJA 06 T92T 06 T9ZT-9AD
0€°0 | 6,91~ | o311ad VA €962 €L 96z T- A
020 | 69T | 8000 | LTI~ |¥1°0|€L0I-| 3nq €ez INA £e'96eT €L 96z T-HAD
020 | 97T | 8000 | ¥%'1- | ¥1°0 | 66°G- | 3nq €cz INA 06 1521 06 1SCT-HAD
ge0 | LV'0 | 80000 | €7°0- | ¥1°0 | ¢¢¥- | Mnq €6C INA 88T 88T T-HAD
00 | SFP- | Mg VA 88T T 88T T-HAD
00| T9T- | Mg VA (A4 0L°LVeT-9dD
060 | L6°L- | MMq \4C| I18°9¥VC1 I18°9¥ZT-HdD
020 | ¥6°8- | Inq \4C| I18°9%C1 18°97ZT-HdD
020 | ¥80 [ 8000 | TT'I- [ ¥1°0 | 95L- | Mg €z INA 18°972T I8 972T-HAD
020 | ¢g- | oyukd VA GLSYTT GLSYeT-ddn
020 | 090 | 8000 | 980-|¥1'0| Gzg | oyikd €GTINA GLSTCT dSLereT-aan
0¢0 | 62L- | MInq \4C| 00°S¥CT G AR (ELD)
0¢0 | 69°¢1- | mq Vi 9z Yl 9z CFCT-HAD
OF | SgeV | OF | 8¢V | OF | Spe¢ | 0dAL SIN | w ‘yideq sojdureg

o8ed snoraead wroay penurjuod — g o[qeq,

68



o8ed 1xou wO penuIIUO))

060 | G9'¢- | ¥Mq Vi 0G'TTET 0S TZET-HAD
020 | ¥€0 | 8000 | 1Z°0- | #T°0 | 80F- | Mmq €6s NI 0 TTET 0S8 T2ET-4dD
00| 60T~ | nq VA LT°0CET LT 0CET-9AD
020 | 1.°0- | 8000 | S€0 | ¥1°0| 600 Fnq €6e A LT'0TET LT°0ZET-1AD
00| 80°C | 8000 | LLT- | #T°0 | S2'9- | MMmq €6e A LESTET LESIST-HAD
0€°0 | L 7T~ | o3kd VA 0€9TET 0£°9TET-HAD
020 | ¥0¢ | 8000 | ¢1'z- | #1°0 | 9¢F1- | o3taAd €GTINA 0¢9TET d0€9TET-HdD
020 | 89T | 8000 | GL'T-|¥T°0| €06- | MMmq €6s INA 089TET 0€9TET-HAD
0€°0 | GF'GT- | ojtaad Vi e1'erelr ST eIeT-uan
020 | €0°T | 8000 | IT'T- | ¥T°0| 969- | 3nq €6e A eTeIeT eI eIeT-van
020 | ¥GTT- | o3tdd Vi LTTIET LTTIST-HAD
020 | 26T | 8000 |c8T-|¥T0| 286~ | 3Mnq €6C NI LT'TIET LTTIET-HAD
020 | 60C | 8000 | T2~ | #1°0 | LT°0T-| XMq €6s INA 16°60€T 16°60€T-4dD
020 | 1€ | 8000 | 69C | ¥1°0 | FOFI-| 3nq €8s INA 00'80€T 00'80ET-HAD
0€°0 | €6'¢1- | o3t1ad vd 00'80€T 00'80£T-HAD
00| €5°C | 8000 | #6°¢- | #1°0 | SF'gI- | oyakd €GCINA 00°80€T d00°80ET-HdD
00 | ¢¥'01- | @3uIAd VA 00°GOET 00°SOET-HAD
020 | ¥6'T | 8000 | &2~ | #1°0 | OT'ET-| 3Mmq €6s NI 00°GOET 00°G0ET-HAD
020 | 6T°C | 8000 | G6'T- | #T°0 | €T°L- | Mmq €6s INA €T T0ET €T T0ET-9AD
0€°0 | 8¢'¢I- | ojtad Vi G9'86¢1 G9'86¢T-YdD
020 | I6'T | 8000 | 10 | #1°0 | L9'T1- | o3tdkd €GTINA G9'R6¢T dG9°865T-9dD
020 | 9%'T [ 8000 | 99T- | #T°0 | €¢6- | nq €6C INA G9'R62T G9'862T-HAD
020 | S6T | 8000 | 06T~ |¥T°0|Ceer-| Mmq €6s INA 79°9621 79'9621-9AD
0€°0 | TT'FI- | ojtxad Vi G9'1621 G9'16¢T-9dD
020 | 0LC |S00°0 | €61~ | ¥T°0 | S8EI-| 3Mnq €6s INA 691621 G9'16¢T-9dD
020 | G8T | 8000 | 06T~ | #1°0 | L9°0T-| 3nq €6 INA 09'98C1 09'98ZT-HdD
OF | SgeV | OF | 8¢V | OF | Spe¢ | 0dAL SIN | w ‘yideq sojdureg

o8ed snoraead wroay penurjuod — g o[qeq,

69



o8ed 1xou wO penuIIUO))

0¢0 | 10~ | o3urAd \4C| 78°6G¢T ¢-78°68¢T-HAD
020 | 9,°¢ | oyukd \4C| 78°6G¢T Z-78°6C8ET-HAD
0¢°0 | P9~ | otuaad Vi 78°65€1 I-78°65€T-HAD
060 | TL¢ | ¥Mmq \4C| 78'65ET 78 6CCT-HAD
0€0 | ¥8°6- | ¥Mmq vd 78'65ET 78 6CET-HAD
02°0 | ¥L°0- [ 8000 | L&'0 | ¥1°0 | ¥9°¢ | oaAd CCTINA P8'6SET | T-dPS6SET-HAD
020 | S8°0- [ 8000 | 1€0 | F1°0 | L9g | oaAd €CTINA PR'6SET | T-dPR6SET-HAD
020 | 19°0- | 8000 | G20 | 10| 686 | MMmq €ez INA 78°6G¢T 7R 6SET-HAD
0€°0 | 08°9- | ¥Mnq \4C| 61°LGET 6T°LSET-HAD
0€0 | 6T°L- | MMq vd 00°GSET 00°GSET-HAD
020 | 80°0- | 8000 | 8T°0 | ¥#T°0 | ¢9'¢ | 3nq €ez INA 00°GSET 00°GSET-HAD
060 | 97%- | ¥Inq VA 09°€GET 09°€SET- YD
060 | ¢LL- | Mmq \4C| 69 TGET 69 TSET-HAD
0€0 | 9¢°2- | MInq \4C| 08°0G€T 08°0SET-HAD
L8°0 | 9G°0- | 8000 | €1°0 | ¥T°0 | 89'9- | 3nq €ez INA 08°0S¢T 08°0SET-HAD
060 | 88°L- | MMmq Vi G CTeT CeSTET- I
060 | 90°2- | ¥Inq VA 0 0FET 0 0FET-HAD
060 | €¢9- | Mmq \4C| 17 6€€T 17 6£€T-9AD
0€0 | TT°2I-| Mmq \4C| 00°GEET 00°GEET-HAD
0€'0 | 0£°G- | MMmq Vi 0G2eeT 0G°CEET-HAD
0¢0 | 2¢9- | MMmq vH 06 62€T 06°62ET-HAD
060 | ¥7'1- | ¥MInq Vi 00'92€T 00'92ET-9AD
0€°0 | 0L°0- | ¥mq \4C| 02'GTET 02 GZET-IAD
020 | ¢I'0 | 8000 | €€0 | ¥T°0| C€€0- | MMmq €cz INA 02'STeT 0Z°SZET-IAD
0¢0 | ¢gg- | Mnq \4C| GG eTel GG ETeT- D
020 | T0°0- | 8000 | 120 | #1°0 | ¥€¢ | 3nq €ez INA G eTel CGeTeT-uan
OF | SgeV | OF | 8¢V | OF | Spe¢ | 0dAL SIN | w ‘yideq sojdureg

o8ed snoraead wroay penurjuod — g o[qeq,

70



0¢0 | ¥0'¢- | MInq \4C| 01°GRET 0T°GRET-HAD
0¢0 | 6F¢- | Mnq \4C| TS TRET 2R FRET-HAD
020 | 6T°0- | 8000 | ¢TI0 | ¥#T°0 | IS¢ | 3nq €ez INA 61°€8ET 61" €SET-HAD
060 | €L¢- | MMmq VA 9G'6LET 9G 6LET-HAD
020 | 260-|8000| €0 | ¥T°0| 99 | 3MMmq €6 INJ 9C"6LET 96" 6LET-HAD
00| 19%- | Mnq \4C| 1G°LLET 1S LLET-HAD
0¢0 | ¢¢¥- | Mnq \4C| 9C'FLET 9 FLET-HAD
020 | ¢I'¥- | Mg \4C| G eLeT S eLET-HMAD
00| 09%- | MMq \4C| G eLeT Gy eLET-HAD
020 | ¥1°0- | 8000 | 8%°0 | ¥#1°0 | 8¢~ | MMmq €6 INJA G eLeT Gy ELET-IAD
0¢°0 | S€6- | MMq VA 8C'0LET 8¢ 0LET-HAD
€e'0 | SGF'I- | 8000 | €70 | P10 | €6F | 3Mnq €6z N 8C'0LET 8¢ 0LET-HAD
020 | €,¢- | Mmq \4C| £GL9¢T €G LoeT- D
020 | 09°0- | 8000 | LF0 | ¥T°0| 8z'¢- | 3nq €cg INA €CL9¢T €QLET-HAD
00 | #L9- | Mmq VA 02 L9€T 02 L9ET-94AD
020 | ¢gv- | oyadd Vi €3'G9¢1 €C'G9eT-Ydn
0¢0 | 6.6 | Mnq \4C| €T'G9¢T €T 99ET-HAD
020 | S7°0- | S00°0 | 60 | #1T°0 | 0¢F- | oyakd €CTINA €C'G9¢T d€T 8oeT-uan
0¢0 | 2€9- | MMmq \4C| G e9eT CH eoeT- IO
0¢°0 | ¢g'L- | Mq VA 02 29€T 02 29ET-4AD
060 | €2°6- | Mg VA 1€09€T 1€°098T-4dD
0€°0 | 6L°G- | ojtad VA 78°6GET G-78°6CET-HAD
020 | 8¢ ¥~ | ojuAd \c! 7R 65ET 7R 65ET-HAD
OF | SgeV | OF | 8¢V | OF | Spe¢ | 0dAL SIN | w ‘yideq sojdureg

o8ed snoraead wroay penurjuod — g o[qeq,

71



Chapter 5

Discussion

As discussed above, lithological variations in the Batatal Formation indicate
changes in deposition environments associated with relative sea level. The depo-
sition of the Batatal Formation can be divided into two depositional cycles, each
starting with black shales and continuing to either carbonate-rich rock or banded-
iron formation. One represents a shallowing upward cycle and the other a deeping
upward cycle.

The lower interval of the Batatal Formation initiates the first cycle. Here,
because at the base of the lower interval black shales are interbedded with clastic
sediments, very shallow environments are proposed. Further transgression and deep-
ening caused suppression of terrigenous clastic flux and precipitation of fine-grained
black shale. Preservation of organic matter was likely due to high primary microbial
productivity and high rate of preservation under anoxic conditions. X-ray diffraction
(XRD) data on powdered samples from the lower Batatal shale reveal the presence
of siderite, supporting the likelihood of anoxic, but not euxinic, conditions. The
increasing carbonate concentration upwards in the GDR-117 core was caused by the
consumption of COy by organisms to increase CO3~ concentration. Because carbon
isotopic compositions of organic matter and carbonate in black shale demonstrate

coupled enrichment in *C upwards in the core, the depositional system was likely

72



closed in terms of carbon availability. A closed sedimentary pore water system is
also partially supported by §3*S values that show small magnitudes of fractiona-
tion. However, sulfur isotopic composition in this case is potentially a function of
sulfate concentration. The increase in sulfur isotopic fractionation in the middle of
the lower interval suggests that SO~ concentration may have risen above 200 M
(Habicht et al., 2002).

The transition from the lower shale interval to the carbonate interval is a
lithologically gradational transition but is marked by a much sharper isotopic tran-
sition. Sulfur, carbon, and oxygen isotopic compositions distinguish the carbonate
interval from both underlying and overlying intervals. This sharp isotopic transi-
tion is therefore thought to reflect a marked geochemical change. Deposition of
carbonates occurred in a photic zone. Here, microbial productivity was high due
to availability of sunlight and nutrients, but the rate of organic matter preservation
was low, perhaps due to rapid recycling. Sulfur, carbon, and oxygen isotopic com-
positions of carbonates preserved stable and homogeneous values throughout this
part of the core. Microbial sulfate reducers generated significant 34S depletion in
pyrite indicating they acted under open-system conditions and probably with sul-
fate concentration above a threshold value of >200 M, which is enough to produce
large sulfur isotopic fractionation (Habicht et al., 2002).

Breccia at the top of the carbonate interval indicates that the section was most
likely exposed and karstified before deposition of the upper shale interval. It is con-
ceivable that brecciation was further promoted by the dissolution of soluble sulfate

minerals that formed in very shallow environments. The upper interval starts the
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second deepening upwards sedimentary cycle. Because of the high organic carbon
contents, it is likely that deposition of the upper black shale occured under reducing
conditions with high microbial productivity. Sulfate-reducing bacteria here played
an important role as clearly seen in the formation of pyrite-rich layers. Variations in
5%4S and A*3S values and high TOC throughout the upper interval indicate high-
productivity likely coupled with a high rate of sedimentation. The high sulfur and
carbon contents in this interval may also indicate input from a hydrothermal source,
or potantially the migration of soluble hydrocarbons. Further transgression pushed
facies shoreward and resulted in deposition of the deep water Caué Iron Formation

deposition.

5.1 Evidence for Bacterial Sulfate Reduction

Sulfur isotopic data gives information about the activity of sulfate reducers
insofar as their metabolic activities can shift 63*S of product sulfide. Black shales
in the Batatal Formation show a range of §**S data from -13.7 to +2.9%o with
an average value around -5%g. If we assume that average isotopic composition of
Neoarchean seawater was +10%o (Farquhar and Wing, 2005; Ono et al., 2003), frac-
tionation in the lower interval ranges between 7 and 24 %o. This may be attributed
seawater sulfate concentration more than 200 pM (Habicht et al., 2002).

The average 6345 for carbonate samples is about -10%o with some extremely
negative value in pyrite grains as low as -30%o. Perhaps, during the carbonate depo-

sition sulfate reducers played an important role in the formation of the 3*S depleted

74



sulfides in environments where sulfate concentrations exceeded 200 M. High rates
of evaporation of shallow seawater might concentrate sulfate in the carbonate envi-
ronments and also cause silica enrichment. The lowest 6345 value is one of the most
negative value found in Archean rocks. This might indicate that sulfate concentra-
tion might be higher in the shallowest parts of the ocean and lower in deeper parts.
The most negative 1S values in the equivalent Mt. McRae Shale Formation also
come from carbonate facies (Kaufman et al., 2007). It seems possible that the ocean

was stratified with respect to sulfate in the Neoarchean.

5.2 Preservation of A%S Signals

Multiple sulfur isotopic data collected over the last decade (see Fig. 1.6)
show variable A33S values with prevalence over negative signatures. This dataset,
however, is mostly composed of shale analyses, so it is possible that a non-shale
complement of carbonate rocks might preserve predominantely negative signature,
and thus address the issue of asymmetry in the A%S in the Neoarchean record (see
Fig. 1.6). If correct, the carbonate reservoir might close the Archean sulfur cycle.

It was suggested that two separate reservoirs existed in the Archean to pre-
serve distinct A%3S signatures (Farquhar et al., 2001; Ono et al., 2003). Photolysis
of SO, is thought to have produced sulfate with negative A33S values and elemental
sulfur with positive A%S values (Farquhar et al., 2000; Ono et al., 2003). Many
studies (Farquhar and Wing, 2003; Kaufman et al., 2007; Ono et al., 2003) have sug-

gested that the main source of sulfur in the Archean sulfur cycle was from mixing of
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photochemically-derived mass-independent sulfur and mass-dependent sulfur from
volcanic sources. Preservation of distinct 6345 as well as A33S signatures might be
controlled by microbial processes, reduction of sulfate and/or elemental sulfur to
form pyrite, or oxidation of elemental sulfur to sulfate.

Ono et al. (2003) first suggested the possible importance of lithological con-
trol over the distribution and preservation of sulfur signatures on the basis of sulfur
isotopic data from Neoarchean Western Australian succession. Ono et al. (2009b)
first proposed that distinct sulfur isotopic signatures (§**S-A33S relations) were pre-
served according to lithofacies on the basis of data from 2.6 - 2.5 Ga rocks in South
Africa. Similarly, the sulfur data from the Batatal Formation suggests that neg-
ative A33S signatures are predominantely found in carbonate facies, which would
be enriched in atmospheric sulfate, perhaps through evaporative concentration in
shallower environments. Atmospheric sulfur with positive A%3S values as seen in
shales is absent from the Batatal carbonates. This difference is attributed to dif-
ferent pathways for Sg preservation (in deeper shale environments) or possibly low
reactivity of elemental sulfur during carbonate formation. In the Batatal Formation
the lower shale and carbonate intervals lithologically have gradational boundary,
but geochemically the transition is very sharp (see Fig. 4.3) indicating a change in

geochemical processes as progressive regression occurred.
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Figure 5.1 demonstrates §*S-A33S relations in equivalent units with ages of
~ 2.5 Ga from South Africa and Western Australia. Each of the successions was
divided on the basis of compositional and geochemical differences. The lower part of
the Mt. McRae Shale formation is Fe-rich and contains siderite indicating highly re-
ducing conditions (Kaufman et al., 2007). Lower intervals of the Western Australian
(the Mt. McRae Shale Formation) and South African (the Klein Naute Formation
from the Griqualand Basin and the Gamohaan Formation from the Transvaal Basin)
successions indicate consistency in terms of similar 63*S-A33S relations with a slope
~ -0.9 that has been interpreted as the Archean array (Kaufman et al., 2007; Ono
et al., 2009b). These Fe-rich intervals preserved the most positive A33S signa-
tures probably due to formation of pyrite through the reaction of monosulfides with
atmospherically-derived elemental sulfur. The Batatal Formation in Fig. 5.1 shows
completely different §34S-A33S relationship, with a slope of about -0.2. The most
negative 045 and A%3S values are in carbonates of the Batatal Formation; most
analyses from the Western Australian and South African formations are of shales
or shaley carbonates. Sulfate-reducing bacteria appear to here played an important
role in the Batatal sulfur cycle, producing §%*S values as low as ~ -30%o, without
mixing it with other types of sulfur sources. Thus, sulfate for bacterial metabolism
was from atmospherically-derived sulfate with negative A33S signature, and an av-
erage sulfate seawater A33S composition of about -2%o as proposed earlier by Ono
et al. (2003).

Similar to the Western Australian and South African successions (Kaufman

et al., 2007; Ono et al., 2009b), sideritic intervals in the Batatal Formation are also
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associated with positive A3S values. It is possible that the highly reducing condi-
tions necessary for siderite stability promote the reaction of elemental sulfur with
iron monosulfide to preferentially form pyrite.

Carbonates have not previously been recognized as a host for strongly negative
534S and A33S compositions, but earlier publications (Ono et al., 2003; Partridge
et al., 2008) report limited data from Archean carbonates with negative sulfur sig-
natures (6315 and A33S) (see Fig. 5.2). Carbonates may thus be an overlooked sink
for negative A33S and/or §31S. Recently SIMS analysis of microscopic pyrites from
South African ca. 2.5 Ga rocks (Farquhar et al., 2013) demonstrate strongly nega-
tive §%4S with negative A33S. However, bulk rock analysis of the host rocks mainly
shows small fractionation, and the prevalent §3*S values are positive with only a
few negative compositions (Zerkle et al., 2012). It is possible that preservation of
mostly negative A33S in carbonates is related to the inhibition of elemental sulfur

reactions in the shallow, and perhaps more oxidized portion of water column.

5.3 Neoarchean A*S-A36S Relationships

It was found by Farquhar et al. (2001) that relationships between minor sulfur
isotopes in Archean samples define a A%S/A33S array of ~ -0.9 that is similar to
experimentally observed relations during SOy photolysis using ArF and Xe lamps
(Farquhar et al., 2000). Subsequent work by Kaufman et al. (2007) and Farquhar
et al. (2007) revealed variations about this slope that were interpreted to reflect

changing atmospheric chemistry. The A3S/A33S relations from the Batatal For-
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Figure 5.2: Plot of 63*S vs. A3 values from Neoarchean carbonates. Data are
from Ono et al. (2003); Partridge et al. (2008) and this study.

mation follows the previously defined Archean array (see Fig. 5.3) and so is consis-
tent with other Neoarchean successions. This is an additional confirmation about
global distribution of MIF-S in Archean derived from the photochemical reactions
in almost free-oxygen atmosphere (< 107° PAL from the model of Pavlov and Kast-
ing (2002)). Records from the Batatal Formation are characterized by the absence
of highly positive A%3S with the maximum value +2.8%0 whilst African and Aus-
tralian records exhibit values as high as +11.2%0. Ono et al. (2003) modeled that
large A%S signatures can be received from high-altitude Sg whereas ground level Sg
carries smaller A33S signatures. The latter might be the case for the Batatal For-

mation where small positive A%3S signatures were preserved due to isotope mixing
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with other sulfur species.

Mt.McRae Shale Fm.
Gamohaan Fm.
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Figure 5.3: Plot of A%S vs. A36S data of Neoarchean successions is from
Kaufman et al. (2007); Ono et al. (2009a). Just bulk rock analysis were used. The
solid line is the so-called Archean atmospheric array (Farquhar et al., 2001). Data
from the Batatal Formation is from the current study.

5.4 Carbon Isotope Data in the Neoarchean Successions

It was discovered during this study of the Batatal Formation that the fraction-
ation of carbon isotopes between organic carbon and carbonate carbon is constant
in all lithofacies around 15%o. This fractionation is much smaller than observed in
other studies of Neoarchean successions (e.g. the Mt. McRae Shale and Klein Nate
formations) (Fischer et al., 2009; Kaufman et al., 2007) where fractionation is almost
30%0 with §'*C,,, values with an average ~ -35%¢ while in Brazilian records, the
average 63C,,, value is -20%eo.
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Figure 5.4: Plot of §'*C,,, vs. 6'3C,, for the Batatal and Mt.McRae Shale
formations from this study and Kaufman et al. (2007), respectively.

As demonstrated in Fig. 5.4 the range of §'3C.4y from the Batatal and Mt.
McRae Shale formations is almost identical while 6*3C,,, differs by 15%o. Such par-
allel trends between the Batatal and Mt. McRae Shale formations suggest strong
differences in environmental conditions at which they were formed. Metamorphism
could cause decreasing in A,.;_..p fractionation (Des Marais, 2001), but petrolog-
ical of the Batatal core samples supports the view that carbon isotopic signatures
are likely to be primary.

Modern distribution of 6'*C' in surface particulate organic matter in oceans
suggest that at lower latitude and thus at higher temperature, §'3C,,, values are

much higher than at higher latitude and at lower temperature. This occurs because

82



of C'Oy-limiting conditions (Goericke and Fry, 1994). Assuming that the minimum
depositional time of the Batatal Formation around 8 Ma (using an average sedimen-
tation rate 2cm/1000 yrs; from Wignall (1994)), preservation of constant enriched
613C,yq signatures through this time with a hiatus and different lithological envi-
ronments (carbonate and shale) indicates that the Batatal Formation was formed
in environments with C'O,-limitation compared with the environment in which the
Mt. McRae Shale Formation was deposited. Such condition might be achieved if
the Batatal Formation were deposited at higher temperature and/or lower latitudes.
Following that the modern 6**C,,, - temperature dependence in surface water par-
ticulate organic carbon, minimum differences in temperature between the Batatal
and Mt. McRae Shale formation would have been 15° Celsius. Latitudinal specula-
tions are more complicated as 2.5 Ga years ago the Sun had less luminosity (Sagan
and Mullen, 1972) and position of Vaalbara supercontinent still is a matter of debate

(de Kock et al., 2009).
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Chapter 6

6.1 Conclusions

Elemental and isotopic time-series study of the GDR-117 core from Brazil
complements knowledge about the Neoarchean sulfur cycle and system atmosphere
- ocean system derived from studies of equivalent strata in Western Australia and
South Africa. The Batatal Formation preserves distinct mass-independent fraction-
ation of sulfur isotopes signatures resulted from the atmospheric chemical reactions
and follows the array A%S/A3S ~ -1. On the basis of the §**S measurements
strong evidence for active sulfate-reduction in the Neoarchean has been discovered.
A comparison of data from the Batatal Formation and coincident succesions on other
continents (the Mt. McRae Shale Formation, Western Australia, and Klein Naute
and Gamohaan formations, South Africa) indicates better preservation of sulfate-
reduction processes in the Batatal Formation. This may be due to conditions that
prevented mixing with atmospheric elemental sulfur carried positive A33S possi-
bly deposition in shallower environment where carbonates formed relatively rapidly.
Analysis of carbonates from the Batatal Formation demonstrate some of the most
negative A33S signal in bulk rock derived from the oceanic sulfate reservoir. These
data exhibit different pathways of distinctive MIF signal preservation: sulfate with
negative A33S tends to be preserved in shallower lithofacies with low organic mat-

ter. Positive A%3S preserved at deeper lithofacies and diluted with negative A33S9
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signal and sulfate-reduction signature, that is not observed in bulk rock analysis of
the African and Australian successions, but can be found by precise spot analysis of
sedimentary pyrite. §345-A33S relation demonstrates that the Batatal data do not
follow early proposed A33S/A34S Archean array (~ - 0.9) but follow an array ~ -
0.2, providing strong evidence for sulfate reduction. Sulfate concentration of seawa-
ter during the Batatal Fm. deposition, on the basis of sulfur isotope fractionation,
was higher than early proposed 200 M threshold for the Archean.

Carbon isotope analysis demonstrated that the sedimentary rocks from the
Batatal Formation are enriched in *C', have higher 6'*C,,,, and differ from Neoarchean
data with a fractionation of 15%o. These results indicate that the Batatal Forma-
tion was formed at carbon-limited conditions possibly in a hotter shallower area,

probably at lower latitude than the Neoarchean Australian and African successions.

6.2 Future work

To better understand the environmental conditions under which each of the
Batatal interval was formed, proxies such as iron-speciation study and redox sensi-
tive elements study might be applied. The current study illustrates how carbonate
rocks in the Archean may be a host for negative A%3S and §34S signatures. Fur-
ther work should be focused on studying other Archean carbonates and defining the
chemical context of the distinct MIF signatures. This will provide a better under-
standing of the sulfur cycle before the GOE. Besides, ion probe analyses of micro-

scopic pyrite from carbonates of the Batatal Formation might better constrain the
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sulfate-reducing bacteria signal imparted to these minerals. Experiments and mod-
eling can be conducted to explain sulfur and carbon distribution in the Neoarchean

using observation of natural processes today.
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